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Preface

The current Note coversnaterial presented in the Training course lecturds+ 2y &l Y2 &aLIKSN
O2y@SOGA2Y YR AG&a LINFYSGSNATIGA2YEY |yR TFdzNIIKS
convection, numerics and the momentum and tracer transport by convecfitre aim is to give an
overview of convective phenomena and their links with synoptic meteorology, and to provide the basic
concepts and parametrization and moltileyj tools. Of course, not all phenomena could be treated, as e.g.
phenomena like monsoon cirlations and tropical storms.

The material presented should be easily accessible to beginners in the field, but should also be of interest
for people more advanced, and those interested in diverse areas like cloud resolvindlingpdand
weather forecating. The references to research articles are certainly not exhaustive, and the reader
interested in specific subjects is encouraged to find more references in the cited articles or refer to
Textbooks. Among those | would particularly recommend:

EmanueK.A, 1994:Atmospheric convectig®xford University Press.

HouzeR, 1993:Cloud dynamigAcademic Press.

HoltonJ. R.2004:An introduction to Dynamic Meteorologd" edition, Academic Press

Riehl, H. 197Climate and weather in the Tropiés;adenic Press.

Dynamic meteorology, midlatitude convection, weather forecasting

BluesteinH., 1993:SynoptieDynamic meteorology in midlatitudggol 11,0xford University Press.

=A =4 =4 4 -4 4

The general circulation

1 J. PPeixoto anl A. H.Ort, 1992:The physics of climatdmerican Institute of Physics
f Steinheimera ®> a® | I yiSt IyR t® .SOK{i2tRX HnannyyY [ 2y
the ECMWF modeT.ellus(in press). Also available BEMWF Technical MemorandiNo 545

Convection parameterization

1 EmanueK A.andDRaymond, 1993The representation of cumulus convection in numerical
models American Meteorological Society Metedonogr.

1 SmithR. K1997:The physics and parameteriicn of moist atmospheric convectiokluwer
Academic Publishers.

1 Bechtod, P., 2008c: Convection parametrizati on.
parametrization of s u8b.glsoiavhilaplehupderi c a | processesao
http:/www.ecmwf.int/publicatins /library/ do/ references/list/200809 .

Atmospheric Thermodynamics

f Dufour L. et J. v. Mieghem, 1976:K SN 2 R& y I YA |j dzS InRitBt Royal! ( Y2 &4 LIK§ NB
météorologique de Belgique
9 Iribarne, J. V. and W. L. Godson, 19%BnosphericThermodynamicsD. Reidel Publisher Co.
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Simulating convection and atmospheric variability

1 Bechtdd, P., M. Kohler, T. Jung, F. DoHReyes, M. Leutbecher, M. Rodwell, F. Vitart and G.
Balsamo, 2008b: Advances in simulating atmospheric variability hetEE€CMWF model: From
synoptic to decadal timacalesQuart. J. Roy. Meteor. Sot34, 13371351 Also available as
ECMWEF Technical Memorandituo 556

1 The nature of moist convection

1.1 Introduction

For a definition of convection we can go back to the principal of Archimedes (260, b.C.) saying that a body
immersed in a fluid will be driveapward by a force equal to the difference between its weight and the
weight of the fluid displacdk Here we will mainly deal with moist convection, i.e. upward and downward
Y2GA2ya OGUKSNXIfaceo GKFEG FNB adaz2OAlfiSdRadA Ka 5
O2y@SOGA2Y S So3ad o62dzy RF NB f I & S NI @SB S@RidRisalsdoi RS
AYGSNBadG (2 dza a aRNRé 02y @SOGA2y YAIKG IFABS NI A

As an example, typical convective cloud systems aretiftehon an infrared satellite image from 7 April
2003 fFigurel.l), deep and shallow convection in the midlatitudes and subtropics, tropical convection in
the inner tropical convergence zone (ITCZ), tropical mesoscale convective systems (so called squall lines)
over land , stratocumulus clouds over the coldters off the west coasts of Africa and off the west coasts

of the continents in general, and convection associated with other prominent convergence zones, here the
South Atlantic convergence zone. These cloud systems are forced by radiative effect® 8ures ad
synoptic and largacale circulations, but also strongly impact on the laiggaies through the radiative
effects and in particular through the net release of latent heat in deep precipitating convective systems.
However, not only the amoundf (convecive) precipitation in the Tropics is much larger than in higher
latitudes, also the response and forcing differ. Therefore, in the following midlatitude and tropical
convection are treated separately.

Figurel.l: Infrared METEOSAT satellite image (GEOS and Meteosat disks) of 14 Augush@oibg
typical deep and shallow convective cloud systems.

Frontal and postfrontal deep and
shallow convection

All satelites 10.8 infrared 20160815 0 MTC All'sateliites 10.8 infrared 20160814 12 UTC

ITCZ=Inter tropical T T Mesoscale convective
BETRe 18 25H ; . . systems in African
2 § i easterly waves

Diurnal cycle convection

Shallow stratocumulus and
cumulus convection
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1.2 Tropical Meteorology and Climate

An analysis of the global energy cycle shows tiatvection igshe main physical process that generates
kinetic energy in the atmosphereS{einheimeret al. 2008). The net release of heat (precipitation that
reaches the ground) in deep convection implies a perturbation to the atmosphere that must heaé@c

This ocurs via fast propagating gravity waves (typically with speeds on the order of 39, simsilar to

what is happening when a stone is thrown in a lake. A detailed description of the adjustment process and
the wave equations cannot be giverre - the interested reader is referred to a few examples for the
(wavelike) adjustment process (return to equilibrium) that are provided in #yependix - further
recommended articles arBrethertonand Smolarkiewicz (198%lapes(1997),Sobelet al. (D01) orEitzen

and Randall (2005). However, the fundamental difference between the Tropics and the midlatitudes resides
in the radius of influence over which this perturbation spreads, which is given by the RossbyReelNI$

f -1, where N, the Brunt Vaisala frequencg\? =3 * R* K, Rith g the gravitational constantand ‘ the
potential temperature) isa measure of the vertical stabilityf is the Coriolis parameter, andl the
tropopause height. As in the Tropittends to zeraRotends to irfinity, which means thaperturbations in

the Tropics affect the whole tropical belt, whereBsin midlatitudes is on the order of a few thousand
kilometers (f~10%s?, H=815 km, N~0.1 s', g=9.81 m$. We still have a lot to learabout the interacion

of convective perttbations with the largescale circl i A 2y a4 604G KS OKAO1Sy |yR
highresolutionlargeR2 Y Ay Yy dzYSNRAOFf &AYdzZ FGA2ya 2F GNBLRAOI

é
S

Total Precipitation Cy43r1 Sep 2000-2004 Mean: 2.93
135°W W 0E 45°E HE 135°E

&

-.ﬂ,f..“.’,,lm__'d
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Figurel.2: Global annual distribution of surface rainfall (mm/dayrfr the GPCP data set version a2
combination of surface observations + satellite derived rain ratex),sémulated by tle IFS cycle 43R1
(autumn 2016 at resolufon T25580km) and137 leveldor the perbd September 2000 to August 2004
Evaluations can be accessed undehttp://www.ecmwf.int/en/forecasts/charts/physics/
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methods €.g. Grist 2002; Grabowski2003; Yanoet a. 2005, Nasunoet al. 2006,Lin et al. 2®8). In

particular, Shutts (208) and HermanS G Ff ® 6Hnamc 0 aAdz2t+F0SRE  YSE FAy
interaction (energy conversion) of convection with the lasgale wave through a positive correlation
between the convective heating in the uppegoposphere and the positive tempettare anomaly of the

wave. Here only a description of the main meridional and zonal circulations is given.

1.2.1  Precipitation and radiative convective equilibrium

The global annual distribution of rainfall for 2000/2001 from theCBRproject (a combination of tedlite
derived rainfall rates and surface observations) and those from ayeae integration of the ECMWF
Integrated Forecasting System (IFS) are depicteBignre 1.2. The global average dgi rainfall rate is
around 3 mmday?, but most of the precipitation occurs in the tropical belt with a rate 4f &m day*. The

dry subtropical anticyclonical areas the west of the continents are also apparent as well as the
midlatitude storm tracks.

It might appear couterintuitive, but the tropical convection is driven by the radiative (clear sky) cooling of
the atmosphere which together with warm sea surface temgiures or surface heating over land provides
the necessary vertical destabilization of the tropospherecfamvection to occur. Note that a cooling rate of

2 K day in the lowest 15 km of the troposphere corresponds to a surface precipitation raterwh Slay'.

The radiative convective equilibrium is illustratedriigure1.3, where the profiles of the different physical
tendencies (radiation, dynamé, convection, clouds, and bounddayer diffusion) averaged over the
tropical belt 20°N20°S have been obtained from the IFS. The distinction between clouds, convaation
boundarylayer diffusion is somewhat arbitrary as these tendencies are onlyladlai through
parameterization, but the main point is that there is on average a radiative cooling2df Hay that is
balanced by strong heating from precipitating gention and dynamical cooling, which represents the
ascending branch of the Hadleyllc&or humidity there is drying of the free troposphere (above 850 hPa)
by convective precipitation and moistening by dynamical ascent, whereas the moisture in the bpunda
layer has been evaporated over sea and advected from the subtropics.

100 ===y 100
Rad
Diff
Cornv 300
= Cloud
===Tot 400

=y
Diff
Conv

— Cloud

===Tot

200 200
300
400

500 500

P (hPa)
P(hPa)

500 600
700
800 800

900 900 £

1,000 L 2 . o= 1,000 M N L M N
-3.4 2.5 -1.5 -05 05 1.5 25 3.5 -10 -5 0 5 10

dT/dt (Kiday) Licp dg/dt (Kiday)
Figurel.3: Tendencies from the different physical processes as computed in the IFS and averaged over
the tropical belt between 20M0S. Dyn denotes the dynamical tendency (hontal + vertical
advection),Diff the corribution from the boundarylayer diffusion scheme, Conv the contribution from
shallow and deep convection, Cloud the laggale condensation/evaporation processes, ard ke
radiation, the black line corresponds to the sum of all individual contrimsio
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1.2.2 Cloud distributions

The global distribution of convective clouds can be inferred from satellite observations. As a proxy for these
observations the annual frequency ofcurrence of deep convective clouds (defined as having a thickness
exceeding 200 hPa and positive buoyantyy R a Kl f f 246 02y @SOGA GBS Of 2dzRa
meaning is explained latefut having a thickness < 200 hPa) as obtained from the IF@ection
parameterization are shown iRigurel.4. A comparison of these distributions with independent satellite
observations measuring e.g. the liquid water path (SSMI), the radiation budget (CERES) etc. shbws tha
distributions inFigurel.4 are reasonable, and certainly sufficient for the main points we wish to make:

deep convective clouds are a prominent feature of the tropical belt, whereas shadiovective cloudsre

an ubiquitous feature of the subtropical ashié Of 2y A O NBIA2Yy a> gKSNB G(GKS& | N

307N
G0N [
AN -
207N

135W 9w 45W 0" 45 O9TE 135
(b) shalkow 26

1357 90mW ASTW as 45°E 90°E 135°E

Figure 1.4: Mean annual frequency of occumee of (a) deepand (b) shallowconvective abuds as
obtained with IFS CydD

Trade wind cumulus

la akKlttz2g O02yO@SOGAGS Ot 2dzR&a I NB-[IHR2NEBII R dAIBES ya Kid
processes that lead to their formation will not be treated in this Course. Instedajef discussin is

included here about trade wind cumulus in the context of lasgale equilibrium. Ifrigurel.5 are depicted

the different layers that compose the troposphere in the subtropics, i.e. the subcloud layetptitlayer,

the inversion layer, and the free troposphere. In the troposphdrere is equilibrium between clear sky
radiative cooling and subsidence, in the inversion layer subsidence warming compensates evaporative
cooling at cloud tops, whereas intht @ dzZR f @ SNJ YSIy adzaARSYyOS FyR aO
term will be explained thoroughly later in the course) balance radiative cooling that mainly occurs in the
clear sky part of the domaintrade wind cumuli generally occupy less than 10%hefdomain. Finally, in

the subcloud layer there is balance between the surfaeat fluxes and the heat flux out of the subcloud

layer.
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Figurel.5: Photo of trade wind cumuli, and schematic of equilibin trade wind boundary layers. (After
Emmanuél

Three modes of convection

Actually one can distinguish three prominent modes of convectiigufe1.6), shallow convection that
penetrates to the trade inversiorayer or, more generally, to the boundalayer inversion layer, deep
precipitating convection that reaches the tropopause or some tropgpainversion layer, and cumulus
congestus that penetrate to the melting layer, a thin stable layer at the zero dégytreerm (in the Tropics
located around 500 hPa) that is maintained by melting of ice phase precipitation. As discussed in numerous
studies (e.g.Johnsoret al. 1999 Redelspergeet al. 2002), cumulus congestus can make up to 50% of all
convective cloud®sver the tropical Western Pacific. Therefore, they play an important role in the overall
energy and mass budget, but also in a moisteningreconditioning of the middle troposphere for
subsequent deep convective events. As in tropical regions shallow laanaind cumulus congestus
genegally do not penetrate the zerdegree isotherm, their dynamical and microphysical properties
necessarily dier from that of deep convective clouds.

<
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Figure 1.6: The threemodal structure of convection, deep, shallow, and cumulus congestus, and
prominent tropospheric inversion layers. (After Johnson e1899)
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1.3 Tropical Circulations

1.3.1 The Hadley and Walker circulation

The most prominent tropical meridional circulation is nanafter the 18th century Englishman George
Hadley. As already mentioned it has its ascending branch over the ITCZ (which typit&gdSNrover

the Pacific Ocean, but strongly migrates over the continents) and its descending branch over the subtropics.
As the deep Tropics land and water masses absorb the majority of the solar energy of the globe and
transfer it to the atmosphere, anthe infrared energy radiated back to space varies only little with latitude,

a meridional temperature gradient exists, dirheat must be exported from the Tropics to the higher
latitudes. This is the thermally direct Hadley cell. But keep in mind that#ssription is simplistic as we

have not mentioned the dynamic (geostrophic) constraints on this circulation. An ickgictire of the
Hadley circulation is illustrated iRigurel.7 showing a cross section over the Pacific with the rising and
descending branches of the Hadley cell, the associated increase of the cloud toptbeigtit the Equator

with increasing sea surface temperature aetreasng subsidence, and the lelgvel return flow from the
subtropics to the Tropics in the bounddgyer. An estimate of the magnitude of the subsiding motion
above the boundarayer in he subsiding branch of the Hadley cell can be obtained assuming an
equilibrium between radiative cooling and heating by subsidesice R* k RT . Wh'‘RKk R RGNINR R T
1-2K day* (Figurel.3), andR * k RS KHL® m, one obtains w-0.5 cm .

HADLEY
CIRCULATION

B
EQ CLOUD OPEN CELLS CLOSED STRATUS
CLUSTERS CLOUD BANDS CELLS STRATOCUMULUS

Figurel.7: Schematic NESW cross section over the northeastern Pacific or Atlantim fA®N to the
Equator showing the characteristic increase of cloud top height and demyayer inversion height

with increasing sea surface temperatures and decreasing subsidence. The deep tropical cumulus clouds
denote the ascending branch of the Hadssil, shallow cumuli and stratocumulus clouds can be found

in the descending branch.

However, the pattern of convection in the equatorial regions exhibits strong departures from zonal
symmetry. This was recognized by G. T. Walker who explained the parsayificance of the eastest
overturning along the EquatofF{gurel.8), and in particular between the Indonesia region, where under
normal condition most of the rainfall occurs (see afsgurel.2), and the eastern Pdx. The migration of

the ascenthg branch and associated deep convection to the east (El Nifio phase) is relatedstofaea
temperature variations by windriven ocean currents.
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Figurel.8: lllustration of thezonal Walker circulatiofor normal conditions. (AfteWebsterand Chang
1988)

1.3.2  Tropical Waves

Taking a spectral view of the tropical motions, one can identify wave motions, so called convectively
coupled waves that are eastward and westward propagating disturbances trapped thigobtjuator. The
existence of these waves can be shown analyticaliggus.g. the linearised momentum and continuity
equations in Cartesian coordinates oniaplane (the Coriolis parameter varies in the latitudinal=
direction), specifying the mean horiztal motion u, setting the mean meridional motion to zero, and
seaching for the solution of the perturbation velocit? ¢ KA OK ISy SNl ffe gAftt 08

k and frequencyw/. Recall that waves are dispersivesifis a function ok, where t/K is the phase speed,

and Y/ la the group speed, i.e. the speed with which the wave energy propagahesreader interested

in a detailed derivation of thesequations, the specific dispersion relations, and the stability daitésr

damped or growing wave motion is referred to e-mlton (pp. 394 ff.) Choand Pendlebury (1997Y,erkley

and van der Velde (2010); for an identification of these waves fronilisatéata and analysis the reader is

referred to Wheelerand Kiladis (1999)anget al. (2003), ancChoet al. (2004)¢, | ekt &llJ(2005). The

forcing of stationary wave motion hgiabatic heating is explained Bimmons(1982). Experimentally one

can identify tropical waves from satellite observations, mainly the outgoing-wang radiation, and

analysed wind and heigff A St Ra> F FGUSN) KI @Ay 3 & dzo BN SAA | K- SLILAN
filtering methods. A few simple techniques to derive linear wave types and practical examples are provided

in the Appendix

1.3.3  The equatorial Kelvin and Rossby wave

Among the nost important equatorial wave types are the Kelvin and thesBgpswvave as illustrated in
Figurel.9. The Kelvin wave is a Gaussian function centred on the Equator with a positive (eastward) phase
speed of about 18n s'. As can be seen froigure1.9a the Kelvin wave is 50% rotational and 50%
divergent, and forms some eastward propagating dipole like a shallow water gravity wave.

The equatorial Rossby wavéigurel.9b) is a westward propagating wave with a phase speearafind5

m s, and is also symmetric to the Equator. Its kinetic energy is larger than the potential energsheavith
kinetic energy being at maximum at the Equaind the potential energy being at maximum off the
equator.

Meteorological Training Course Lecture Series 11
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These waves (modes) can be extracted from real data by either using a filtering in the wavenumber
frequency domain (e.gVheelerand Kiladis (199), this however requires long time series, grgrojection

27
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the latter method are displayed inFigurel.9c showingthe ECMWF analysis of the horizontahdiand
geopotentialat 850 hPa and its decomposition intee zonal wave number 1 Kelvin mode and the zonal
wave number 12 rotational (Rossby) modes. Interestingly, a strong MJO (see next paragrppdgedst in
the equatorial West &cific which seems tbe dominated by the Rossby modes.

All these modes are antegral part of the Hadley and Walker circulations.
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Figurel.9: Schematiof (a)an equabrial Kelvin vave and (b) a Rossby waviéhe Kelvin waveomposite
makes use of outgoing longave radiation (OLR heght and wind perturbations at ZDhPa, whereas
the OLR, stream function and wind field at 850 hPa have been used for the RossbhyWleeelefet al.

(2000)) 6 O 0
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1.3.4  African easterly waves

A verydistinct type of tropical waves occurs over Africa, in particular north of the Equator between June
and October, the so called Afaic easterly waves. This wave type is very important as most of the
precipitation in West and SuBaharanAfrica is associatewith mesoscale convective systems forced by
these waves Nlohr and Thorncroft, 2006)African easterly waves have periods ob 2days, typical
wavelengths of about 2500 km and westward propagation speeds around 8 (Biedhiouet al. 1999,
Grist2002,Nicholsonand Grist 2003Hsiehand Cook, 2005). The particularity of the tropical meteorology
in Africa is the existence of a Jetestm in boreal summer at around 6000 hPa, the African Easterly Jet
(AEJ), between the humid and relatively cool equatorial regions and the very hotrgn8ahara. It
therefore results from the thermal wind balance in response to the strong meridiog@lpérature
gradient. Note that due to small temperature gradients (typicallyk&1000 km) the tropical regions are
generally void of Jet streams, withe notable exceptions of a weak ldevel Jet over South America, and

an uppertropospheric Jet around00-200 hPa between India and Africa, the Tropcial Easterly Jet THEJ)
TEJorms in the outflow region of the Indian Monsoon as a resulgoésigecstrophicadjustment(the
adjustment of the geostrophic wind and height field to the convective heatifige African easterly waves

are thought to form as a result of thiearotropic and baroclinicinstability of the Jet, where barotropic
represents the meadional shear of the Jet and baroclinic the vertical shear of the lled in midlatitude
synoptic rturbations. The instability condition for the AEJ (see references given above) requires the
guasipotential vorticityvgradient to become negative

sl Jp “ £2 a1 W 0 L 4 (1.1)
o pEs pie rqp
barotroplc baroclinic
whereUAa GKS YSIy T2yFf gAYRI | oNEIOHNBIE Gayametefid K& Y S NJF

Coriolis parameter at a given latitude, ad S a stability paArYSGSNI T v A & (i SecthbR dz3 K f ¢
1.4

Luckily, one can visualise African wave activity from analysis or forecasts without filtefingurel.10 are
plotted the mean sea level pressure, theridionalvelocityv for 29 September 2005 18U &3 well as the
precipitation in the previous 6 hours from an 18h operational forecast. One clearly identifies the Saharan
heat low, theundulations in the wind and preare field between 10 and 18°N, as well as the precipitation
systems south of these undulations. As showrrigurel.11 the waves and their zonal propagation are
readily identified with the aid of a timingitude plot (Hovmoller diagram) of the meridional wind, or

ECMWF Forecast t 20160814 +18h: Wind 700 hPa, MELP and precip last 8h
2 ‘ & ] 15 = = = =

f DE

Figure 1.10: Mean sea level pressure (hPa),
precipitation rate (mm/day), andd0 hPa wind vectors

over Africafrom an 18h operational forecast with the
IFSfor 14 August 2016
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Hovmoeller of V component of wind 850 hPa Expver 0001 (20.0N-5.0S)
05 05 1 15 2 25 3 35 4 45 5 55 6 65 7 75 8

6 55 5 45 -4 -35 -3 25 -2 -15 -1

Figure 1.11: Hovmoller longituddime
plot of 6-hourly analysed ECMWF 850
hPa v velocities averaged over-3@N
between 10 August and 9 September
2005.

alternatively the OLR. EHECMWF analysis between 10 August 2005 and 9 September 2005 has been used
and all fields are averaged oMeatitudes 5°&0°N. The waves irigurel.11 originate near 20°E or 0°E, and

with typical periods of 4 day and westward propagation speeds betweeh(’m s', they correspond to

the classical picture dRossbytype waves and are calleAfrican easterly waves.

1.3.5 Tropical waves and the MJO

The MaddenrJulian Oscillation (MJO) identified bjadden and Juliarf1971) see the review paper by
Zhang(2005) as well aMatthews (2008), andVitart and Molteni(2010) for a more thorough description
and teleconnections)is a masise area of convection composed séveral tropical wave types, often
developing in the India®vean and then propagating eastward at a speed of roughly 8.nfitee MJO is
strictly not an oscillation as it can be spoi@dut has maximum spectral power in the-80 day frequency
range. A strong MJO observed on 27 November 2011 is shown in
Figure1.12, where are alscsuperposed in a schematic way the characteristic Equator symmetric wind
gyres at 850 and 200 hPa, given by the ECMWF analysis. As a result of these gyres stiorg low
westerlies occur beihd the area of main convection whereas easterly inflow occuread of the
convection.

Figure 1.12: A strong MJO event over the
Indian Ocean observed the 27 November
2011. In schematic form are superpostt:
850 hPa winds (orange) and 200 hPa winds
(blue) form the ECM/F operational analysis
showing the characteristic equatorially
symmetric gyres. The MJO s tilted with height

- to the West, with lowlevel westerly flow
behind and easterly flow ahead, and #ee
gyres are in an idealised case counter rotating
¢ but in thepresent case the lovevel dashed
gyre pair alsshowed positive vorticity.
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Finally, a convenient way to analyse all tropical waves/oscillations consists in computing so called
wavenumbeffrequency diagramsWheeler and Kiladis 1999) with the aid of auble discrete Fourier
transform over time and space. The practical difficulty however, consists in subtracting an appropriate
reference wave spectrum in order to filter out the significantdas. Typical variables analysed with this
method are the Outgoig Longwave Radition (OLR which is also available from satellite observations), the
wind components or the smoother fields of the velocity potential and/or the streamfunction which are the
inverse Laplacian of the divergence and the vorticity, respectividig. wavenumbefrequency diagram for

the tropical OLR from NOAA satellite is depidte8igue 1.13a. The westward propagating Rossby modes
and eastward propagating Kelvin modes becomelgagiparent. The maximum amplitude of the eastward
propagating nedes is at wavenumbers one and two, and with frequencies between 20 and 60 days this
signal is often referred to as the MJO.

Figues 1.13b,show the corresponding waweumber frequency specarfrom an ensemble of-§ear T159
integrations with the IFS cyd 31rl (2006) and Cy38rl (2012/13). Until 2007 the IFS had problems in
simulating the tropical wave spectra and in particular the eastward propagating Kelvin waves and the MJO.
However, sine cycle 32R3 (operational 6 November 2007) that contains regisio the convection
parametrization (entrainment and closure Bechtold et al.2008a,b ) the IFS is ableique 1.139 to
realistically represent the wave spectra, in particular it redubesamplitude of the Rossby waves and now
also represents theastward propagating Kelvin waves and the MJO.

1.3.6  Summary of tropical motions and scales

There are still uncertainties concerning our knowledge about the interaction beteeevective and
synoptc scales in the Tropics.

Horizontal temperature fluctuations ithe Tropics are small <1K/1000 km; and in the absence of
precipitation the vertical motiongsubsidence) tendot balance the cooling through infrareddiation loss:
wdg/dz= dg dt rad= -1 2-Kday w> 05emt

1 Inthe absence of condensation heating, tropical motions rbadbarotropic(density variations are
only a function of pressure and not of temperatueg)d cannot convert potential energy in kinetic
energy. Therefore they must be driven by precipitatitigfurbances or lateral coupling with
midlatitude systems.

1 When precipitation takes place, heating rates are strong; e.g. 100 mrhptagipitation
correspond to an energy flux of 2900 WPor an average 30 K dapeatingof the atmospheric
column, impying an ascent rate w ~ 8.6 crm slowever, thigositive mean motion is congsed of
strong ascent of order w~1 mt & the Cumulus updrafts and slow descending motion around
6a02YLISyal GAy3a adzoaARSYyOSe0oo

1 When analysing the vorticity equation it appeahat in precipitating disturbances the vertical
transport of vorticity (momentum) through Cumulus is important to balance the divergence term
On average, cumulus convection tends to slow down the horizontal winds what is often called
G OdzY dzf dza ErblRoxdntaPmbmentungi&conserved, but not Kineenergy.
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Figure 1.13: Power in the frequency and wavenumber space for the symmetric component of the

tropical OLR from (a) NOAA satellitesebvations, and from an ensemble of/&ar integations with (b)

the IFS cycle 31R1 (operational in 2006 and used in thelrE&#An), and (c) Cy38rl (operational
HAMHKMOU GAGK FY2y3a 20KSNJ 6KAy3Ia | (K2 NBndzdekef @8 NBJA A
that the quantity has been averaged ovéne 15S15N latitude band. Also superposed are the

theoretical dispersion curves as function of equivalent depth h (see Appendix) for westward moving

equatorial Rossby waves (ER), eastward moving Kelwmsyand inertisgravity waves (IR). Kelvin

wavesd SKIF @S fA1S 3INIGAle o @SaY gnakwBgraincdirtesyiking S  a LISSR
FailLi.

1.4 Midlatitude Convection and its synoptic and orographic forcing

The title obviously implies that midlatitude precipitating convection is synopticallgdondich is certainly

not the whole truth, but a good starting point. The reason is that the occurrence of intense precipitating
convection requires the continuous conversion of potential energy in kinetic energy of the convective
draughts, where the potetial energy can only be supplied by continuous lasgale destabilization (lifting)

of the atmosphere, or to a smaller extent by strong surface fluxes, e.g. when very cold air is advected over
warm seas.

A climatology of central southern European rainéallprovided by Frei and Schar (1998) indicates that most
intense precipitation with values above 3 mm dagr 1000 mm yeat occurs in the vicinity of high
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orography especially around the Mediterraneahkigure 1.14). A large part of the precipitatiom ithese

regions is due to synoptically forced mesoscale convective systems (Nd@&spally during autumn. A

study by Morel and Sénési (2001) using infrared satellite imagery to identify the regions where deep
convective systems, covering a certaiSdar> F2NXY Ol NB GGNARIISNBRéEéO O2y ¥
However, intense convection only occurs under faable synoptic conditions, where the orography only
provides some additional lifting or elevated heating to overcome possible stable lay@rsload base (see

later discussion isectionl.5).

1.6

1.2

Figurel.14:a Rainfall climatology (mm ddyfor the south
central European region as establishedFrgiand Schar
(1998).

Figure 1.14b Density map of the triggering of
mesoscale convective systems as obtained from
satellite infrared imagery byMorel and Sénési
(2001).

The synoptic forcing ofonvection in midlatitudes can be described with the aid of twamcepts, the
potential vorticity (PV), and the Jets and associated circulations. Both concepts/quantities also prove
extremely useful for forecasters in identifying and forecasting conved@iativity on synoptic charts. The
concept of PV defined as

— Hg
PV =(x +f) 3 (1.2)
where Vis the relative vorticity, has first been developed by C. @uRbsshyand colleagues in 1938, and
later extended byHoskinset al. (1985). PV has the following useful properties: i) it is conserved in
frictionless and adiabatic motion, where on constardurfaces it is advected like a passive tracer, and ii) its
fASTR aK2ga VY2NB ad0NHz2OGdzZNBE GKFy (KS of ¥chdiBringatiieNJ R A
geopotental height on constant pressure gaces.

An uppertropospheric positive vorticity anomaly, typical for northern hemispheric synoptic perturbations

is illustrated inFigure 1.15 As we know from synoptic meteorology there is ascent (positive vorticity
advection, ascending branch of ageagthic circulation) to the east of the trouglFigure 1.18), and

therefore a favorable area for convective forciBut also, as seen frofigure 1.15he region below the
Fy2YFfe 6GAYaARS GKS GNRBAAKEO KI & aitinthiefower lay@d ané f S &
relatively cold air in the midand upper troposphere. Thereforelespite weaker dyamical forcing this

region will also beonducive toconvective development, especially in the presence of strong surface fluxes
over relaively warm ocean waters.
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PV anomalies are often associated with Jets. However, it is important to consider sgpénatestrong
forcing that Jet dynamics associated with the thermal wind balance or horizontal temperature gradient
provide for convection. Alet stream with colder air to the left and warmer air to the right of its axes is
depicted inFigurel.16. Furthemore, the ageostrophic vertical circulations at the entrance and exit region
of the Jet have also been depicted. These can be simply exglagfollows: at the entrance/exit region of

the Jet an acceleration/deceleration takes places which is givgn tlee ageostrophic wind:

du/ dt= f(v '\6) £y, Where u is the wind component along the Jet axes, andisthe ageostrophic

wind perpendicular to the Jet axes. Another interesting explanation is to interpret the ageostrophic
circulations as the conversion of potential energy in kinenergy of the Jet in the entrance region, and
from kinetic energy in potential energy in the exit region. The two ascending branches of the ageostrophic
circulations (marked by + signskigurel.16), i.e. the right entrance region and the left exigren of the

Jet constitute favourable regions for deep convection to occur. However, the strongest forcing of
convection occurs in the left exit region, where the ageostrophic circulation is thigraiaéct, i.e. from

warm to cold at low levels.

West - East a b

-------- - _emTET T e 200

North

_warm _ -7

more stable

500

7’
I
Y 2mssaLd

South + _____Q _____ ——mT T e o e memmm o
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Figure 1.15: Schematic of an uppdevel positive PV anomaly in the northern hemisphere in (a) a
horizontal plane on a constahtsurface (typically 330 K is used), and in a vertical section (b)refdeo
aNBla FT2NJ O2y@SOiA2y IINB RSy2GSR o0& (KS b aiadya Ay
where the thick solid line can be considered as a PV isocontour anddhepause height. (Adapted
from Bluestein

a#—-\
7
Y _ o — Figure 1.16: Schematic of a Jetstream and associated
P Y ageostrophic circulations at the entrance and exit regions.
@ i F The cold air is to the left of the Jet axes ahd tvarm air
. e’ to the right, regons of potential conveove forcing are

. ‘1@ denoted by + signs.

The forcing mechanisms of midlatitude deep convection discussed so far should become clearer when
looking at case studies of convective events. Two severe deegciresevents are shown figure 1.17

one that occured over southeastern France 9 September 2002 bringing 800 mm rain in Bgytré 1.13,

b), and one that occurred over central North America 5 June 2003 and was associated with several MSCs
producingTornadic stormsKigure 1.1¢€,d). Infrared satellitesimages have been overlaid with analysis of PV
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at 330K, horizontal wind at 250 hF&dure 1.1@,9, or horizontal wind at 925 hPa and equivalent potential
temperature g, = @xp(qu /cp-r) at 850 HPa Figure 1.1B,d). Note that in the definition of,, L, is the latent

heat of vaporisationL (T =273K) =2.5008 3T K J kg, qis the specific humidity,,6 1004.71 J ks the
specific heat of dry aiandT is temperature (to be very precise it would be the temperature at cloud base
level).

a Wind (vector+isofachs), PINK) ¢
0E

Figure 1.17a Meteosat infrared image for wester Figure 1.17b. Same as 1.16a but with analysis of 92¢
Europe from 9 September 2002 12 UTC, and ECM wind vectors and 850 hPa (green isolines).

analysis: PVt&8830 K(pink and blue isolines) and 250hf

wind vectors and isotachs (shaded beige)

GOES IR-ECMWF Analysis 20!

By S

030505 0 UTC: 250 hPa Wind (vector+isotachs), 330K PV (pink)

Figure 1.17c GOES infrared image for North Ame Figure 1.17d Same dsigure 1.14c, but with analysed
from 5 Ma 2003 00 UTC, and ECMWEF analysis a fields as in Fig. 12b.
Figurel.14.

In both cases there is a strong PV anomaljot + @& & 0 NB I Y SI&E| Jepat thekwedteyh flata dif IS NJ
the anomaly. Furthermore, in both casé® southern dip of the anomaly coincided with the exit region of

a weak subtropical Jet iRigure 1.1@ and a very strong subtropical Jet Higure 117c. The intense
convection organized in MSCs forms at the seeditern flank of the anomaly below thapperlevel
divergent zone of the Jet; weakeorovection is found in the centref the anomalies. At the same time at

low levels there is strong conwggnce and advection of moist and humid air from Africa/Mediterranean
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(Figure 1.1B), and from the Mexian Golf Figure 1.1@), respectively that together with the uppdevel
cold advection and divergence forms the classical picture of strong synopticgfat intense midlatitude
convection. More on these cases can be found inBRMWF Newslettasummer2003.

15 The diurnal cycle of convection

Another important feature of the convection is a pronounced diurnal cycle in the tropics and the middle
latitudes during the summer season. The diurnal cycle is primarily controlled by a change of vertical
stability &/ R Y2A a0 dz2NE GKFd INAaSa +a az2ftl N Ayaztlarzy
atmosphere through diurnal variations in the surface fludeading to the development of convection.

Over land most observational studies, and also experimerntalies using e.g. cloud resolving models,
show that precipitation tends to occur in the afternoon or late evening. A typical diurnal evolution of
surfacelatent and sensible heat fluxes and precipitation as a function of local solar time is depicted in
Figure 1.18. Whereas the surface heat and moisture fluxes show a sinusodial curve peaking around local
noon, the peak in surface precipitation occurs in {lae) afternoon. As discussed in eGhaboureawt al.

(2004) orBechtoldet al. (2014) the reasorfsr the roughly three hour delay between the surface flux and
precipitation peaks might be explained as follows: shallow cumulus clouds already forne ieatly
morning, followed by deeper still neprecipitating cumulus congestus around noon that transpo
moisture from the boundarayer in the lower free troposphere. Once these clouds have sufficiently
moistened the lower free troposphere, which in eaf a marked diurnal cycle is only weakly synoptically
forced and therefore marginally stable, moracamore and larger penetrating updraughts might develop.
However, it will take further time of O(1000 s) until these updraughts grow to a precipitatigge,sand

further time until precipitation reaches the surface. Cold pool dynamics also play a ithie liater stages

of convective systems.

The diurnal cycle can be globally assessed using either infrared satellite observations of the OLR (cold cloud
tops) or retrievals from the Tropical Rainfall Measurement Mission (TRMM) precipitation radar or
microwave radiometer. The phase and amplitude of the diurnal cycle can be evaluated frenowrlg

800}
—. 800 . . . . .
“.‘E Figurel.18: Typical daily evolution over Sahel region
z during JJA of surface insolation (black), latent (light
= 400 blue) and sensible (red) heat fluxes and the total
Z precipitation (dark blue line) as function of local
200F solar time. All units are in W
OF
0 31 12 18 24

LST(h)

binned diurral momposite dataset by fitting a sine wavieigure 1.19a&shows the amplitude of the diurnal
cycle (mm day) over the tropics. The amplitude, while being much stronger over land with values
exceeding 10 mm daythe amplitude, is significant both over fpd ocean and land. The phase is plotted

in Figure 1.20 Over land, in particular the Amazonia, tropical Africa, India and Indonesia, radar derived
rainfall rates Figure 1.20aindicate maximum rainfall that roughly occurs during late afternoon, early
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evering though exhibiting important regional variability. In contrast, maximum rainfall rates over the
tropical oceans occur during the late night and early morning hours (cloud radiative effects with infrared
cooling of cloud tops and cloud base heating daurface fluxes), but again showing significant regional
variations in particular close to major land masses (convective systems advected from inland), but probably
also variations related to the main monsoon systems (seeYasgand Slingo, 2001).
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Figurel.19: Amplitude of the diurnal cycle of precipitation (mm/day) for JJA as obtained fromyads
climatology with the TRMM radar (courtesy Yukari Takayabu and colleagues), and as obtained from a 4
member ensemble of seasonal T159 integrations with Cy38r2 (operational 2012/13) and the
experimental forthcoming Cy39rl. Amplitude and phase are computed from the first harmonic of a
Fourier decomposition (courtesy A. Beljaars for the diurnal cycle sof)wdMore model against
observation comparisons on:

http://www.ecmwf.int/products/forecasts/d/inspect/catalog/research/physics_clim/

Global models using ceadive parametrizations tend to reasonably represent the amplitude of the diurnal
cycle, but have problems with the phase over laBtingoet al. 1992;Bechtoldet al. 2004;Clark 2007) in

that they typically produce maximum precipitation in phase with surface fluxes (amplitude and phase)
peaking around local noon. In contrast, cloud resolving models with horizontal resolutions of O(1 km) are
able to correctly reproduce the phase of the diurnal cycle over I&edchet al. 2002;Clarket al. 2007).
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Figures1.19band 1.20bshow that while the operational IFS in 2013 reasonably reproduces the amplitude
of the diurnal cycle, it produces maximum precipitation over land that leads the observations hpus.

Is there a solution to this problem? A lot wials have been madm the past on entrainment, prognostic
formulations etc. And yes, as described in Bechtold et al. (2014) an@ladguer3.7 there is a simplerd
elegant solution as an extension toetlturrent IFS convection scheme that allows for a largely improved
representation of the diurnal cycle (Figure49cand1.209.

This formulation became operational in November 2014. Representing the dynammsvettve systems
during night remains h@ever a problem with convection parametrizations.

22

Phase 1st harmonic of diurnal cycle (LST), tp JJA TRMM_3G68Climatology radar
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Figurel.20: Same as in Figure 1.19, but for the phés®T).
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1.6 Buoyancy and the parcel or plume method

Sofar a synoptic view of convection has beggwveloped, and it is now time to present the basic tools that
allow for a more quantitative description of convective processes and their feedback on thestaige

1.6.1 Buoyancy

motions in a stratified fluid.The force on a parcel
immersed in a fluid under the action of gravity can
simply derived fromFigure 121, where we assume that T :

both the parcel and the fluid do not move. Witl - Af_. p. ! P,

Convective motions have been defined as buoye

|
A= ¥y the hydrostatic pressure force on the topj ¥ » st

. , ' Ay
surface of the cubic parcel i§,, = 9r,h A, and the \<—I-T-*

pressure force at its bottom I§, =gr,h,A. The total

force on the parcel is the sum of the pressure and grasgigre1.21: Parcel immersed in a fluiditi different
forces

Fot =Fop Foot Foaw 97.(N,  h)-A g4 zA sothat the acceleration of theapcel is given by
Fa_9(ro- DAR _( & -)/ (1.3)
m ADZr £

This is called the buoyancy acceleration.
Turnirg now to the full vertical momentum equatiori a fluid parcel

dw_ 1upup

dt sz
and splitting the pressure and the density in a basic state hydrostatic contribution denoted by overbars,
and perturbations denoted by primes, i.e.

g, (1.9

pP=P +p; r = ffic% 9 (15)
one obtains

dw_ L upm) g LI pug L LiPULP (L6)

dt r+ i A ral rzu rozry 1z
where it has been assumed that

1 1, [ri
—(1 =), 1.
e T )

As the first term of the rhs ifl.6) is equal tog it cancels with the third termand if we neglect the last
term as it includes a product of perturbans we get the simplified momentum equation
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dw_ 1w 2 (18)

dt r uz r

where the first termof the rhs is an acceleration due to a nbydrostatic pressure force, and the second
term is the buoyancy acceleratid® Now, in the case of a parcel corresponding to dry air the aooy
acceleration itself contains a contribution due to pressure and due to temperature as follows from the

ideal gas law

RT O TRTRT 7T p T
where Ry = 287.06 J kg K is the gas constant for dry air. In genetthle pressure perturbation term is
much smaller than the temperature perturbation term (precisely if the air parcels speed is much less than
the speed of sound) so that we can further simplifg tzertical momenim equation to

_p _Pi PTi 7 R Ti (1.9)

w, Lupi T4 (1.10)
dt ruz T
Finally, in order to obtain thduoyancy acceletin in the case of moist air one has to replace the

temperature by the virtual temperaturd, =T(1 &g ¢), with g and ¢ the specific humidities of water
vapour and total condasate, respectively, angd =(1 - @/ 6608, & /R with R =461.525] kg' K*

the gas constant for water vapour. Then one approximately obtains

B= g% Og%TF 'aqr q : (1.11)

To give an idea of the magnitude of the different termg(irll), a temperature perturbaon of 1 K is
equivalent to a moisture perturbation of 5 g-kgr a change in the condensate loading of 3 ¢.Kbhe
approximate equilibrium in(1.10) between the norhydrostatic pressure gradient acceleration and the
buoyancy is illustrated ifrigure 1.2. In short, a positively buoyant upward moving parcel expares a
non-hydrostatic pressure force that is directed downward, as its pressure perturbation is positikge on
upper side and negative at its lower side.

15

+ \+ |+ [+

10

Z (km)

-0.04 -0.02 0 0.02 0.04
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Figure 1.22a. Equilibrium betweenbuoyancy and Figure 1.22. Vector field of the buoyancy pressu

pressure gradient acceleration as obtained from CI gradient force .(AfteHouze1993).

simulations of deep convection. (Aft&uichard1998)
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1.6.2  Convective Available Potential Energy (CAPE)

TheConvective Available Potential Energy is defined as the vertical integral of the buoyancy between cloud
base and cloud to

top top TC. Te Root
CAPE= fiBdz= @ dz= RfyT 7 W, (112)
base base v &

where superscript€ denote cloudy values and superscrigslenote environmental values, respectively.
(1.12) expresses CAPE in both height and pressure vertical coordinates isRyiigethé gas constant of dry
and not moist air athe moist effects are already accounted forTij). If one wants to estimate CAPE from a
thermodynamicdiagram T(p) as in Figure 1.23the formulation in pressure coordinates is particularly
useful. CAPE is then obtained as the area enclosed by the muigbat through cloud base which
corresponds to the lifting condensation level (LCL), and the envirotaheemperature profile. It is often
observed that the level of free convection (LFC) lies above the LCL, as there is some area of stable
stratification or convective inhibition (CIN) near cloud baBkis stable layer near cloud base is an essential
feature of moist convection as it allows CAPE to be stored above, without being immediately removed
through mixing by convective draughts. Furthermore, &#E represents the potential energy a parcel,
lifted to its LFC acquires during ascent to the leveieftral buoyancy (LNB), i.e. the level where its virtual
temperature becomes smaller than that of the environmérig(ire 1.2} the corresponding kinetienergy
or updraught velocity of the parcel can be estimated from the -dimensional momentum equation as
follows

dw_ dw 1dw ol oT- T (113

dt dz 2 dz T T
where for simplicityT, has been replaced bl Integrating over one obtains

”1dw2dz=%vxf(z) = ﬁ%dz =CAPI
0

Moz
w=+/2CAPE.
To fix the ideas assume the environmental temperature, and the cloud environment temperature
perturbation constant, i.eT°=250 K;® ¢ T*=5K, and=10 km which givew=60 m &. But thisis a very high
value that has been only observed in extreme events like Tornadic storms; updraught velocities are more
likely to be in the range between 5 and 25 my so what is wrong This is investigated in theext
subsection.

(1.14)
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Figurel.23: CAPE in Tephigram as obtained as the area between the moistadiabat through cloud base
and the environmental T. LCL denotes the lifting condensation level, LFC the lewedt obffivection,
CIN is the convective iitkition= "negative CAPE between the LCL and the LFC ", and LNB is the level of

neutral buoyancy.

Before, let us briefly consider an alternative and efficient way to estimate CAPE making use of
q.(T,q, p)= @xp(L,q/c,T)a quantity that is conserved duringoist adiabatic ascent (and also when

precipitation processes are involved) agd(T, p)© @xp(L,g.(T)/c,T), the saturated equivalent

potential temperature Bettsand Dugan, 1973) , which at a given pressure level is a functibondy. Note
that even ifnot necessary for our applications, strictly speakignd g should be replaced by their

values for moist aimi the definitions ofg, and g, i.e.

—_ . —_ Rnlcpm 1 -_— —
C,m=C, #c,, & gc, qc;, R, @ AR AR ¢g=T(p,/ P , with ¢, =4R, =1846.1] kgt
the specific heat for water vapour, amdhe vapour mixing ratio.
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Figurel.24: Convectivesounding from the GARP Atlantic Tropical Experiment (GATE) a(ited solid
line), (dotted red line) and es (blue line). CAPE corresponds to the area laying betwedrom the

subcloud layer (black line) ands.
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InFigure 1.24are drawn profiles off, d., anddesduring an active convective period of the GARIRric
Tropical Experiment (GATE). An important characteristic of the tropical troposphere is thaf: ot des
are mnimum in the midtroposphere. The CAPE of the soundingigure 1.24s obtained ashe area
between the constant ¢ line of an airparceloriginating in the boundarayer,conserving its' ¢, and the' s
profile of the environment

- G
CAPE®° fo=——dz (.15
base es

where g’ is constant and representg®at the parcels departure level; typically an average value over the

lowest 100 ® 500 m or 20 to 60 hPa of the bounddayer is used. dte that (1.15) produces values that

are roughly 25% larger than those obtained w(ittL2). With the aid ofFigure 1.24ne can easily recognize
another important feature of oceanic convection in particular, i.e. there is no or only very small CAPE for
parcels departing above the boungaayer- in the present case parcels departing abo@® MPa havel

lower than 338 K which is lower than the minimum rridposphericdes

In the definitions(1.14) and (1.15) of CAPE no mixing of the parcels with the environment has been taken
into account, i.e. the ascent is supposeul lhe adiabatic (no mass and energy is exchanged with the
environment). Also, the effect of water loading is included1iri2) but not in (1.14)-(1.15), where it is
assumed that all condensed water falls out as precipitation, i.e. the process is assumedseuuks
adiabatic- a reasonable approximation. Overall, the processes of mixing and water loading will decrease
the CAPEwhereas the inclusion of processes related to freezing of drops and sublimation (implicitly
accounted for in the computation of® in (1.12), but not in (1.15) and also not accounted for in a
Tephigram) generally producsbghtly higher CAPE values .

1.6.3 Mixing

The most important process affecting the parcel properties is the mixing, or the@ege of mass between

the air parcel and the environment. The mixing occurs through the engulfment of environmental air into
the cloudas a result of turbulent motions, thereby increasing the mass of the cloud. As the environmental
air is generally drierhian the ascending plume, evaporation and evaporative cooling results from the
mixing (entrainment) process, and then might further enba the turbulent motions. The mixing of the
cloud with the environment through turbulent flow is clearly visible in kigbolution numerical
simulations of cumulus cloud&ifure 1.28). Whereas the cloud base regionFigure 1.28 appearsquasi

flat, the two main ascending towers are strongly distorted by the flow. Note also that only the left
updraught appears to be coected to ascending motion below cloud base, whereas the right updraught
FLIJSEFNB (G2 0S GRAAO2y Yy S Odo&dRager, FNRY GKS Y2GA2ya Ay

In the past different idealised schemes have been utilized to account for the mixing process in simple one
dimensonal models representing a single or multiple cumulus updraughts. The principal mixing
representations are illustrated iRigurel.25bwith from left to right: an undiluted ascent, a plume that is
entraining all its way to the equilibrium temperature lewelcloud top level, a plume that is only entraining

at cloud top, and last multiple plumes where at each level mixing take® pémding to new updraughts.

Recent numerical simulations, however, (d4guset al. 2008) suggest that actual mixing occaterally in

form of turbulent mixing across the cloud edges (causing evaporation and sinking motion) and dynamically
drivenorg¥’ AT SR YAEAY3 6AYTFE260 06SKAYR G(KS BdudlL®wa 2F
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Figurel.25a. Very high resolution simulation of
cumulus cloud. (Aftevaillancourtet al. 1997.

— Figure 1.25b. Ideakzl models of an ascendin
— cloudy plume and the mixing with th

"<’ environment. From left to right: undilutec
— "<’ ascent, entraining plume, cloud top entrainmen
S stochastic mixing.

Finally, the effect of mixing on the pseuddiabat throughcloud base and the CAPE is illustrateéigure

1.26. Mixing not only reduces the temperature difference between the cloud dedenvironment it can

also reduce the maximum height to which a parcel can ascent or even suppress convection entirely if the
environment is very dryZhangand Mc Farlane 1991). Therefore, via the effect of mixing and buoyancy
moisture acts as a stronggalator on atmospheric convectiom@dmpkins2001;Redespergeret al. 2002).

30 2% 20 -5 -0 -5 0 5 10 15 20 25 30 35 40 45
04 115 2 3 5 7 9 12 16 20 28 3% 48 =3

Figurel.26: Tephigram showing the influence of mixing on the psead@bats through cloud base, and
the height of the level ofieutral buoyancy.
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1.7 Large-scale effects of convection

1.71 Q1,02 and Q3

Convection implies motions that are highl @ NA | 6t S Ay &aLl} O0S IyR (G4AYSO®
convection. However, one can measure, and also parameterize, the ensemble affdet convective
motions on the largescale.

Following Yanaiet al. (1973) the ensemble or bulk effect oonvection on the largscale can be
conveniently derived from the basic equations of motion in pressure codeinssing the dry static energy
s=¢, T +gz and specific humiditg; recall thats is approximagly conserved in dry adiabatitydrostatic

motions.The basic thermodynamic and dynamic equations write

”Ef+ 8,5 ips @& Ltc 9.-
Wy mq +* -9 - (1.16)
Ht p

Lo DAV Hh bfk+y, ©
p
where v, is the horizontal wind vectoryis the vertical motion in pressure coordinate, is the radiative
heating rate,An is the geopoéntial, andc and e represent the condensation and evaporation rates,
respectively. Averaging these equations over an afesuch that
Cc=

%ﬁ dy & o (1.17)
A

one obtains

Bies vl g e 92

Mt ol U
large-scale observable subgrid convective
W,z o B e o VHQ i
—+Vv, B #— f£C-¢€ -—— (1.18
Ht p UL
large-scale observable subgrid  convective
A S Vi, i
HVh +7, 8 M _ M h
L ol U
large-scale observable subgrid transport

where the lhs represent the larggcale or observable quantities, and the terms of the rhs represent the
subgridscale motions and microphysic@rocesses, respectively that in convective regions will be
dominated by convection Correlations implying fluctuations of the horizontal wind have been neglected in
(1.18). Equations similar tq1.18) can also be derived for momentum. Historically, the rhs of these
equations have been given the denominations

! The equation fos is not exact as is energy and therefore production of kinetic energy shbalihcluded; a more
accurate form of the energy equation is obtained repladiygf.
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Q' Q& H(c ¥ s

DL e WA 1.19
QrL(C -§ ¢ ™ (119
(331 HW],i

HUp

where Q; is called theapparent heat sourcel; is called theapparent moisture sinkandQs;the apparent
momentum source- attention for historical reason®. is defined ad, times the negative of the rhs of the

qi SYRSyOed ¢KS KSIF{G az2dz2NOSa NB OFffSR Gl LILI NByGé
can measure the largscale budge(lhs of (1.18)) with the aid of aradiosonde array, they are entirely
determined. Useful is also the relation defining the apparent source for the moist static ehergy H, g

wih
Q-Q - ="M (1.20)
Hp
where only the transport term remains. thgrating (1.19) over the vertical btween the surface and the
top of the atmosphere can be done easily as the flux divergences represent perfect differentials. This leads

to the following important budget constraints

Ps dp Ps dp . Ps
Fpl_l %E -H‘VPr ﬂ'st(WT)L__ Ps :QRAg I‘v.pr HE
Pt

Pt g Pt

Ps dp

R—* L Pr-rL,(Wiq)i, £,Pr HL (1.22)
Pt

Ps
~ dp - frict frict frict
R —=Fi* -Fi* E

3 g ~'ps Pt Ps

Pt
where Prdenotes tte surface precipitation flux (kg-fs?), HSthe surface sensible heauft, HLthe surface
latent heat flux, and s is the near surface air density. (h.21) it has beenassumed that all fluxes except

the radiative fluxes vash at the top othe atmosphere and- g'l(%)i © /.C,(W T) . The physical

P=Ps

meaning of(1.22) is that i) columrnintegrated heat can only be changed through radiation, surface sensible
heat flux, and precipitation, ii) column integrated water vapaan only change through removal by
surface precipitation and input by surface moisture flux, dat momentum is onl changed through
surface friction (an external force), therefore convective transport conserves momentum (not kinetic
energy !). Furthermore, the constrain{d.22) must ke fulfilled by the largescale measurements to be
consistent. Therefore they are also used as strong constraints in variational data assimilation procedures to
derive consistent values ofi@r, Q, @ from largescale measurement camums.

Afnalwordy 602y @SOGADBS F2NDAYIE Ay NBElGA2y (2 GKS |
dzy RSNRG22R G-EPDHf SIKE2NAAWHS2F 02y JS O isdar yadvect®e/ £ &
tendencies, i.e.he last two terms of thelrs of(1.18), and not the Eulerian time derivative of the quantity
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T 14& _ B 013 'S
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forc PQ : Pg (122)
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Deep convection

Average profiles of, @ Qras obtained during GATE phase Il are shoviigare 1.27These profiles vary
strongly as a function afonvective activity. However, the clzanteristic features of these profiles for deep
convective periods in tropical regions are the quasi parabolic shape wftla maximum in the middle
tropical troposphere around 500 hPa, and a maximum gh& occus at lower altitudes around 76850
hPa. The latter is simply due to the fact that the water vapoontent of the troposphere decreases with
height so that most condensate is produced in the layers near cloud base. Similar profiigsite 1.27
have als been obtained over the tropical WeBacific. Average profiles over the whole tropical belt can be
estimated fromFigurel.3 by simply adding the ctributions due to convection, turbulent diffusn and
GAGNI GAF2N)YE Of 2dzR4A
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Figurel.27: Average profiles of Q@ and G from GATE phase IlI.

Shallow convection

Apparent heat and moisture source profiles for shallow convection in the trade wind region have been
derived e.g. by Nitta and Esbensen (19ft4)the Barbados Oceanographic and Meteorological Experiment
(BOMEX). These are depicted-igure 1.28ogetherwith modeling results obtained with the IFS. The two
plots qualitatively agree in that there is a strong negative peak.ioo@esponding taa moistening of the
upper part of the cloud layer due to moisture transport and evaporation of cloud water. idmoeation of

cloud water also leads to the negative peak afifgthe upper part of the cloud layer, whereas in the sub
cloud layer there is éating due to surface fluxes. The two plots mainly differ in thedabd layer for @

where one expects moisteng due to surface fluxes and drying due to upward turbulent moisture
transport- the results inFigure 1.28or this region should thereforbe regarded as uncertain.
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Figurel.28a Apparent heat and moista sources as Figure 1.28b. Same as (a), but derived from IFS s|

derived by Nitta and Esbensen (1974) for BOMEX column model simlations of BOMEX.
cumuli.
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Condensation and transport

Following (1.19) convection affects the largscale environment throgh condensational (evaporatipn

heating (cooling), andransport. The contribution of each process can be reasiBluated with the aid of

CRM simulations, e.g. the condensational heating/cooling rates are obtained as the domain average
microphysical tendencies of the model, and the transport terms are detivdd RA GSNB Sy O0S 2 F
6§02y BSOGADStdas t dzES& O2 Y Lldz

weco g A (W w( e, (123

i=1

10 |- 10 |~

z (km)
z (km)

1 LA —
2 -1 kmh 1 2
Figure1.29: Contribution of the transport and condensati@vaporation to the @Qrand g2 budgets

for the case of a squall line. (Reproduced aG@aniawet al. 1994).

where bars denote horizontal dommaiaveragesn the total numberof horizontal grid points, anev the
vertical velocity in z coordinates as used by most CRMs. Using a similar proCedhiaeixet al. (1994)
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computed the contribution of the transport and condensational heat to theu@ Q budget, respectively

for a squall line case (Figure 1.29). The important information fragure 1.29s that the Q budget is
dominated by the condensational heating, meaning that convective draughts are driven by condensational
heating, whereas the traport term is small for temperature. However, the contributions for transport and
condensation are equally important and of opposite sign in the Q2 budget, implying a lowerardid
upper) tropospheric drying (moistening) through water vaparansport, and apart from lowlevel rain
evaporation, a general drying of the troposphere through rain out.

1.7.2  Mesoscale convective systems

Regions with active convective draughts that is draughts that are buoyant and in the case of updraughts are
saturated, cover onlywery small fractional areas @1-5%). However, convection is often organized in
larger clusters or systems, so called mesoscale convective systems, that consist of an active convective
region ofO(1-10 km), or in the case of squall lines a narrow cotivedand, and a large trailing stratiform

region of (10500 km). Such a system, consisting of a leading convective part with strong
updraught/downdraught motion, and a mesoscale ascent (descent) in the upper (lower) half of the trailing
stratiform regon, is schematically illustrated iRigure 1.3(see alsoFigure 1.17or satellite images).

/Cioud top
RS SHN S v
e e e — = H; Mo e

" ™—Cloud base

Radar echo
boundary

New cell
—0C =>Storm motion

y /-S helt cloud
L _.
B Region of heavy Old H Gus\ front A
_stratiform rain—> &1 S Mature cell
Region of tranhng Regton of
stratiform rain heavy convective

showers

Figure 1.30: Schematic of a mesoscale convective system (squall line) moving to the right, with
convective andtratiform precipitating areas. (Aftédouzel993).

Both, the convective and stratiform region contribute significantly to the dynamics and the precipitation
produced by the system. Largeale measurements dP:-Q; do not allow distinguishing between the
convective and stratiform contributions to the apparent sources, and strictly speaking such a distinction is
not possible as there is no clear scale separation in nature between the convective and large scales.
However, common practice among observers dodecaster is to estimate (define) stratiform and
convective contributions to the precipitation based on distinct radar reflectivities or rain ratesSgeiger

et al. 1995), with convective areas are typically defined as areas with surface precipitaden> 10 mm

hrl. The Cloud Resolving Model (CRM) community (se&Xeed.al. 2002) often uses conditional sampling

to estimate convective and stratiform contributions ta-Qs: either define convective model columns as
columns with rain rates oalternatively, as columns that contain liquid water or ice and have updraught
velocities > 1 m-sor downdraught velocities 8.5 m s'; the remaining cloudy columns are then being
defined as stratiform. With the aid of a CRM the convective and stratitmmtributions to the heat budget

of the mesoscale convective systean the domain averaged heat budget in general, can be simply
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200FAYSR a GKS adzy 20SNJ Ittt aO2y@SOGABSE 2NJ Gai
simplest form is

chié_ Q; Prr, 20mm/hr Q™ S 40 02 Rrr 18mm/hi
nci- ns; 5 (1.29)

Q=2 #Q ¢ & HQYY & T & = =
wheren is the total number of grid columns of the domaigthe numbe2 ¥ G 02y @S O (natleS¢ O2
YdzYo SN 2F Gad NI A zandatare Yhe R&tionalaniediive/and stratiform areas,
respectively, superscritieardenotes cloud free column§ is computed as either the lhs or rhs(@f18),

Pris the surface precipitation flux (kgs20 =  |isy/fHe density of liquid water.
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Figurel.31a. Partition of heat source inoovective Figure 1.31b. EOF decomposition of ifpm CRM data
and mesoscale = stratiform contribution. (Aftr of TOGACOARE. The red and blueAs@xplain 79 ant
Yanaiand Johnson 1997). 10.5 %, respectively of the total variance.

As an example, anéstYF A2y 2F | OKIFNIOGSNRAGAO aO02ydR0UADS:
during GATE phase lll is providedrigure 1.34 as produced byanaiand Johnson (1997). The main point

is that the actual parabolic shape heating profile with maximuratimg around 500 hPa, consists of a
convective contribution with a strong peak further down, at around 800 hPa, and a mesoscale
heating/cooling couple witlupperlevel heating due to the condensation in the elevated mesoscale ascent,

and lowlevel coaoing driven by the evaporation of stratiform rain.

For the sake of wider interest in spectral methods, an alternative method using Empirical Orthogonal
Functions (EOFs) (see e.boumazouand Cretaux (2001) for a description of the numerical method) has
been used to decompose CRM data of convective situations (seelLalsand Arakawa 2000). As an
example inFigue 1.3b is depicted a decomposition @ into the first 4 leading EOKsach explaining a
different degree of variance the CRM data represents time series of thre@limensional snapshots of
convection during the Tropical Ocean and Global Atmosphere Coupled -Bteasphere Response

2 The EOFs have been computed as horizontal (patterns) and vertical (profiles) eigenvectors from a emes of
dimensional snapshots of convective fields. Here only the leading vertical EOFs (eigenvectors that explain most of the
variance) are plotd.
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Experiment (TOGAOARE)Obviously, the shape of these profiles is determined by dhignogonality
constraint; hovever the first two leading EOFs could be interpreted as some mean and stratiform
contributions, respectively.

1.7.3  Quasi-equilibrium

So far the last notion we neel 2 A Y (0 NP RAZJSAZAX R oK daY &8 A 6 KA OK Aa 2y

concepts that together with e CAPE is used in convective parameterizations. This concept, as first

advocated byArakawaand Schubert (1974), basically states that the convective actstabilization) is in

guastequilibrium with the largescale forcing (destabilization) of thenabsphere, so that the resulting rate

of change in CAPE is small (see @sown and Bretherton 1997). Therefore, this notion provides a

simplified but tractale description of the convective activity or the overall interaction between the

convection and th largescale environment. An illustration of convective queguilibrium is provided in

Figure 1.3Zhowing a 2@lay time seriesof @ YR . | & 20aSNIWSR RdzNA yahd D! ¢ 9
INBE &adNeBy3te O2NNBf I (SR ; éokdsgonding2td heatigleSating,SaAd G A O ¢

YSAIGADGSKLIRAAGA DS LISI |-stalefagbet with cdalingNahd ladgsyak sbsidencé 2 € | |

warming, respectively. Furthermore, the main peaks of eithe2QNJ . A Y & A (i4KdayisJI&rdlA 2 R &

actually associated to the passage of African easterly waveSgsgmnl.3.4).
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Figurel.32: Bvolution of Q (K day!) at 500 hPa and (Pa &) during GATE phase III.

1.8 Summary

9 Convection is of cruciahportance for the global energy and water balance

1 Convection generates and/or influences a number of phenomemaitant to forecasting
(thunderstoms, heavy precipitation, hurricangshallow convection and boundatgyer
propertieg

1 On large horizontal scales convection is in geeggiilibrium with the largescale forcing
(midlatitude synoptic disturbances, tropical waves)

1 Animportant parameter fothe strength of convection is CAPE

Convection affects the atmosphere through condensation / evaporation and eddy transports

91 Shallow convection is present over very large (o@aareas, its controlled by the surface fluxes
but also controls the surfadéuxes as a results of heat and mass transport out of the subcloud

=
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layer. In the trades takes platige transport of vapor and momenturfinom the subtropics to the
ITCZ.
1 Qi Q@and Q are quantities that reflect the time and ape average effect of convéeat transport
and precipitationd d dzy NS a2t SR aOlFfSé¢0 FyR aidNIGATF2NY KSI

2 Parametriz ation of Convection

Roughly 40 years have now passed since the pioneering wavkahgbeand Stricker 1964),Kuo(1965),

and Ooyama(1971) who first recognized the need to include some kind of convective parameterization in
ndzYy SNA OF £ Y2RSta Ay 2NRSNJ 2 NBLINE A S y-dcalarsatdrateti NR R £
ascents that could quickly ldato numerical instability (see alstrakawa6 H nnn 0 F2NJ I NBJA
LINB&ASyd FyR FdzidzNBE 2F Odzydz dza LI NI YSGSNATFGA2y &0 ®

At that time the horizontal grid resolution of global models was somethin@(@00 km). Nowadays the
horizontal resolution of gladd Numerical Weather Prediction models (NWPs) i&dD km)- in the IFS it is

25 km since February 2005and will reachresolutions of 10 km in the coming decade. Furthermore,
current and next generation limited area versions of NWPs will use horizes@lutions of O(33 km), and
therefore can resolve at least deep convection with reasonable accuracy. But there isealsmte of the
multi-scale modding approach for climate modelR&ndallet al. 2003), where a CRM is nested in each grid
column ofthe global host model in order to represent explicitly deep convection and the cloudticadia
interaction, and then feeack the corresponding subgrid tendencies to the host model, acting as some
1AYR 2F GadzLJSNE LI NI YSGSNRTFiA2y &0KSYSO®

The reader mightt 2 Y RSNJ AF AG Aa adAatt dzJ G2 RIGS 2N ySO
convective parameterization. Our ansmis Yes, first of all, it is and will be in the next decade still too costly

to run medium range (global) weather prediction andiaslation systems at resolutions that allow for an

explicit representation for deep convection. Second, even CRMs slilireeparameterization schemes for

shallow convection as shallow convective clouds have typical radidéL00 m). Third, it is noget clearly

proven that higher horizontal resolution and explicit representation of convection produces better medium
range forecasts than current forecasts using classical convection parameterizations, as higher resolution
means more smafi O £ S  ady/uBckriaibty in the forecasts (in this case ensemble forecasts with an
increased number of ensemble members would be saey, further increasing the numerical burden).
Classical convection parameterizations do generally efficiently stabilize the dterespnd damp
numerical noise. And last, but not least, classical convective parameterization schemes allow to
Gdzy RSNENI yRZY a UGN Aye O2y@SOGA2Yy Ay &az2yYS Strae Ylyy
is instructive and constitutes a good exisec
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2.1 Aims of convective paramet ri zation

The task a convection parameterization scheme has il fa to calculate the ollective effects of an
ensamble of convective clouds inraodel column as a function of grtale variablesRecall that these are

represented by the&x-Qr, Q, Q.
In practice convection parameterization includes three steps:

i.  Determine the occurrenceand localisation of convection § KA & A& 2FG4Sy yIYSR
02y @SOGA2YE

ii. Determinethe vertical distribution ofheating, moistening and momentum changethis task is
generally done with the aid of a cloud model

iii.  Determine the overall amounof corvective precipitation = energy conversiethis is the final step
Ay I 02y @SOGA2Yy LI NI YNBENRT FGA2y FYyR A& OFff SR

However,as a convection parameterization is supposed to be globally applicable, requirements on the
scheme include:remove convedve instability and produce subgritale convective precipitation
(heating/drying) in unsaturated model gridsnaintain a realistic vertical thermodynamic and wind
structure, produce a realistic mean tropical climateaintain a realistic variability onwaide range of time
scales produce a realistic response to changes irutdary conditions (e.g. sea surface temperature
orography, be applicable to a wide range of scales (typicakZD0 km) and types of convection (deep
tropical, shallow, midlatitudeand front/postfrontal convection) and finally, be simple and efficient for
different model forecast configurations i¢iitresolution deterministic forecast, 4Bar assimilation mode,
Ensemble Forecast System, and monthly and seasonal forecast systems).

2.2 Types of convection schemes

Available parameterization schemes can be regrouped in three classes (the referencefdistrism
exhaustive and should only be taken as indicative)

1 Schemes based on moisture budgets

0 Kuo(1965, 1974)
1 Adjustment schemes

0 moistconvective adjustementylanabe(1965)

0 penetrative adjustment schem@&ettsand Miller (1986)Betts-Miller-Janic
1 Massflux schemes (bulk+spectral)

o multiple plumes ,spectral modelArakawaand Schubert (1974Fraedrich(1976), Moorthi
and Suarez (1992)Neggerset al. (2002)Cheinet(2004) Chikiraand Sugiyama (201,ark
(2014)

0 single atraining/detraining plume- bulk model: e.g.Bougeault(1985), Tiedtke (1989),
Gregoryand Rowntree (1990)Kainand Fritsch (1990ponner(1993),Bechtoldet al (2001
2008,2014), Piriouet al. (2007)Gerard(2015)

0 episodic mixingEmanue(1991)
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Curently, most NWPs and climate models use mass flux schemes, but a variant Bétthkand Miller
(1986) scheme is still used at the National Centre of Environmentdigtien (NCEP). In the following, each
class of schemes will be discussed, with palicamphasis on the mass flux approach.

23 4EA O+01 6 OAEAT A
¢KS o0FaA0 laadzvLliAzy 2F (GKS avydzzé aOKSYS Aa (KL G
linked to largescale moisture convergence

top o ~
(0]

Pr=( b)frd %z, 2.1)

0C IS
where Prdenotes the surfee precipitation flux, andA & G KS daYdz2é¢ LI NI WWEprS NI 6 KA C
the integrated moisture convergence that is converted into convective precipitation. The only remaining
issue is then to determine the vertical distribution of the heating andistening, which is done by
assuming that the environmentadjusis2 I Y2A &G | RAFolF G GKNRddAK Of 2 dzR
been criticized for its fundamental assumption that convection consumes water, instead of consuming
potential energy, andherefore can lead to a positive feedback loop, where more conveatiean more
moisture convergence, and so on. However, it proofed useful and was one of the first convection schemes
available.

2.4 Adjustment schemes: the Betts -Miller scheme

Representativedr the class of adjustment schemes tBettsand Miller (1986) scheeis discussed here.
The scheme says that if the atmosphere is unstable to a parcel lifted from the bodagtaryand if there
is a deep moist layer (for deep convection), adjust thecgpheric state back to a reference profile over
some time scale. Theonvective tendencies fofandq produced by the scheme are then simply given by

ref T ef e
% :T [ T; _jJ ) tq, (2.2)

where _ is a convective adjustment time scale which is typically set to 1 hour for deep convection and 3
hours for shallow convection. The reference profile for temperaffit' is @nstructed as the moist adiabat
through cloud base, including the effects of ice phase changes. Unfortunately, there is no universal
reference profile for humidity. However, the scheme is efficient and produces convective tendencies that
are vel smooth in space and time.

Briefly, theprocedure followed by the scheme can be described as follows. Find the most unstable layer in
the lowest 200 hPa, draw a moist adiabat for this air and construct a first guess profilarfdrcompute a
first-gues dewpoint adjustment profilg (Figure2.1 a) - for a precise description how these reference
profiles are constructed the reader is referred to the references and is also invited to cthesnlimerical

code. Omwre this is done one has to check for conservation of enthalpy, i.e. the total adiabatic enthalpy

change resulting from the adjustment ®must correspond to an equivalent change in the adjusted
dH=c,dT +,,dg & Y
1 re T R € — (23)
mbcp(T " T)dp = LB g dr
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In the example irFigure2.1 enthalpy is not conserved, and therefore the referengrofiles must be
shifted to the left as to conserve enthalpy. This is the final step optbeedure and is illustrated iRigure
2.2

Pressure b

hPa)
100

‘ T
400 ‘\‘Lf*Aqv \
/
S

CoraT
Z00é / o
B

-5000 -2500 i 2500 5000
Enthalpy Change (Jkq)

Figure2.1 (a) Skew T(pdiagram with temperature and dewpoint sounding (solid gréiees), moist
adiabat (dashed green line), and reference temperature and dewpoint profiles (solid black line). The
green and red areas denote the total change in enthalpy. For clarity thesalpgtbhanges are redrawn

in (b), and demonstrate in fact a na@onservation of enthalpy. (After J. Kain, private communication)
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Figure2.2: As inFigure2.1 but with the original reference profiles (grey lines) shifted to the left in order
to conserve enthalpy.

2.5 The mass flux approach

The mass flux approach is a general and quite powerful method to tackle (eddy) transport problems in fluid
mechanics, in partidaNJ F2 NJ 02y @S OUAOBS 2@0SNIdzNYyAYy3I gKSNBE Y2ad
draughts that carry heat and mass upward and downward over relatively large distances.
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2.5.1 Derivation of the eddy fluxes
We define the convective contribution ©; as

uis |

Q:*Q -Q& E(C ® (2.4)
condensation eddy wansport
and look for a simple expression of the eddy flux. Recall thatuatiad flux is given by
we=("w W &)ic= we iwE i (2.5)

With the definition € = cand ¢i=0 the second and third term of the rhs @f5) vanish, and the eddy flux
is obtained from

we="we i u (2.6)
We now decompose the total domain in cumulus covered and clear sky or environmental régipme (
2.3)

cumulus area: a

3

¢ * *
¥ \ZE o«

total Area: A

Figure2.3: Total domairA covered by cumulus elements (blue) and clear sky environment.

and aim to represent the total flux as a sum of the flux contributions from therdifteareas. Defining an
area average as

c=5%cH1l -)3° c=° {Io+ ) -°, (2.7)
with superscripts denoting an average over the cumulus regions and supers@igénoting an average
. . . : a
over the environmental regions, and the fractional area covered by cumulus def|n9d=aAs, the total

flux can be written as

e

we= s wdl -) s, (2.9
and the flux due to the mean vertical circulation as

3 Note that the definition of the area averages(ih7) and (2.8) is equivalent to a summation in an equidistant grid as
defined in(1.24)
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we=g Sl -) s g & {& )-°. (2.9
Up to now there has been no approximation in the derivation. However, in order to easilyaéstthe
fluxesin the convective and environmental regiong28), Reynolds averaging is applied once more

we= Wecriw.gi wE°® wc, (2.10)
where the double primes denote subplume variations. The first approximation consists in neglecting the
subplume correlations (#second term®n the Ihs of2.1000 T (KA & Ada Ky#égy !l LEINBRBES Y
and its validity is discussed in eSiebesmand Cuijpers (1995), and/angand Steven$2000). Thenysing
(2.6) and (2.8)-(2.10), and after some straightforward manipulations (left for your exercise), the eddy flux is
obtained as

wicd we wel s)( s W cwo): (2.12)

This expression can be further simplified assuming that the area covered by cumulus draughts is small, so
that

s<4d YL © 1° w 5 (2.12)
GKAa A& OFfftSR GKS aqavltt | NBI FLLINBEAYLFGAZ2YED 28
wicd sSpe e °), (2.13

or, using the definition of the convective mass flux

Mc:-Sngg\,c (2.14)
-wic M T ) (2.15)

This is known as the mass flux formulation, or the mass flux approximiatidmg into account that we

KI &S | LI ASR GKS aiG2L) KFEGé | LIWINRPEAYFGA2Y S lwkR G(KS
is the product of a convective scale velocity and an area fraction, and that in parameterizations schemes
(not in CRM otourse) it is generally only possible to determine the mass flux with reasonable accuracy, but
not the individual components compaosj it.

For readers still interested, we wish to mention an alternative way to derive the final mass flux equations
(2.15) - which is also my fawwite. Using(2.8)-(2.10) we can write

S
o

1 we T we S ulic )-° CsTw e gl st T§ Sk ¢)
3 SSwe) @ ) °G°w)c c

LT 6S y26 taz2 YI1S (KS @2 Ydsd that theN&stternh if2LUBPcanALY | (G A 2
neglected and the same result as if2.13) is obtained.

%
(2.16)

S
o
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25.2 Mass flux and Q1-Qs
Replacing the flux terma Qi-Qz by their corresponding mass flux expressions, one obtains

S flp ) g
HEM(a® -0)

Qlc t L(E '_8)

QL & L (217
g V) g

Hp
To predict the influence of convection on the largeale with this approach we now need to describe the
convective masflux, the values of the thermodynamic (and momentum) variables inside the convective
elements and the condensation/evaporation ter Thisrequires, as usual, a cloud model and a closure to
determine the absolute (scaled) value of the m#ss.

Q&g

2.5.3  Mass flux entraining detraining plume model

In order to determine the unknown quantities {@.17), i.e. the mass flux, the icloud values, and the
condensation rate, one applies the mass flux formalism again, but now for each individuall dlbactloud
scale mass flux equations for mass continwgtythalpy, and specific humidity then write

£+Di _Ei gﬂ 0=
Ht p

u(iﬁ')wig- Ee g@ o (2.18)
)0 cq o809
T p

where it is assumed tt the doud exchanges mass with the environment through detrainn@of cloud
mass and entrainmeniE of environmental air. The entrainment/detrainment rates E, B) re related to
the classical fractional entrainment/detrainment per unit length fioy E=M/ 6, and DI' a ki The cloud
environment mass exchange is depictedrigure 2.4

Figure 2.4: Convective cloud exchanging mass with
environment through detrainment and entrainment.
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Actually, equabns (2.18) already constitute a simplified orgimensional sein the vertical coordinate

only. They are derived from a more complete thidimensional set of cloudcaé equations where
through integrations over variable cloud boundaries, the entrainment and detrainment coefficients appear
as flux divergences imé horizontal directiorfs- for a detailed derivation of2.18) the interested reader is
referred toGregoryand Miller (1989), an&iebesm41998).

Equation se(2.18) is still rather complicatednd in general the following simplifications are applied

c o . .
I Steady state pIumes:u—:O; most mass fluxparameterizations today still use this

approximation, some are however, prognostic.

1 Bulk mass flux approach'\:%wvI =e - d \’(g\i E= Dwithe=3 ¢ &8 '. Single or
Kz p i i

aodzf | € SYGNIAYYSYikRSGNI AYYSyli NJ § She collestide dza S R
effects of a cloud ensemble.

&
1 Spectral methodM*® =& M' or M°(p) = fjnf(e) fn )é , where nyis the cloud base mass flux
i 0

as function of the entrainment rateArakawa and Schubert (1974)Fraedrich (1976), and
derivatives.

Entrainment

The mass flux method is a quite powerful and simple method, however,aék woint is the need to
speciy the entrainment/detrainment rates. Unfortunately, in spite of many attempts (8igbesmaand
Cuijpes, 1995; Lin and Arakawa997, Carpenteret al. 1998) there has been so far no universally valid
formulation of entrainment rates applicable tdl a&onvective situations and in all schemes detailed
description of the entrainment/detrainment rates ased in the IFS is given@mapter 3

As an alternative to the entraining plume model, the episodic mixing as propos&ayyondand Blyth
(1992 andEmmanuel1991) is also briefly summarized. The method stems frtaeovationsthat show
that the entraning plume model might be a poor representation of individual cumulus clolitls.
conceptual ideds that nixing is episodia@andthat different parts of an updraught mix differenthyfhe basic
implementation of such a scheme might be summarized as follassume a stochastic distribution of
mixing fractiondor part of the updraught airgreate N mixtures.

Version 1find level of neutral buoyarycof each mixture

Version 2move mixture to next level above or below and mix agaépeat until level oheutral buoyancy
is reached

Unfortunately, éhough physically appealing the model is very compéd numerical very expensive (its
cost is proprtional to the square of the number of vertical model levels.

e
X

4Terms of the fornd &=
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2.5.4  Large scale cumulus effects

For simplicity, we consider the bulk model, as it is also used in the IFS. With the simplifications given above
we can rewrite(2.17) and (2.18) to obtain the set of equations

‘Mc c =
g™ £ p (2.19
M) b e
up

The set of equationf.19) is closedorovided that theentrainment/detrainment raes are specified, and a
microphysical scheme is available to determine the condensation/evaporation term. The equati@). for
O2yaitAidziSa GKS a¥FftdzE F2N¥Yé Q. I5 diitaindd 2 ghedreplages tBeljfldzh J 1 £ ¢
divergence term inQ,. by the corresponding derivatives as given by théahd 3 equation of(2.19) to

obtain

At ME B¢ 3 Le (2.20

Thisform is much simpler as it essentially onbntains a mass flux advection term and a detrainment term,

~ oA = s

FYR GKSNBF2NB AG A& OFfftSR GKS al R Candi\(@B)éare T2 NI ¢
physically identical, but as we will see in Chapter 3 their numerical solution might in general differ slightly.

5%

The physical interpretation 0f2.20) is that convetion affects the large scale environment by

1 Heating through compensating subsidence between cumulus elements (tefrthis)was already
recognized byBjerkneg1938)

9 The detrainment bcloud air into the environment (term 2)

1 Evaporation of cloud and prixtation (term 3)

To avoid confusion, it is important to note that in the advective f@&20) of the mass flux formulation,
the condensation heating does not appear ditg in Q1. It is however a crucial part of the cloud model,

where this heat is transfored in kinetic energy of the convective draughts. So there is no contradiction
with the discussin in SubsectionO.

255 Convective closure

The cloud model determines the vertical structure of convective heating and moistening (microphysics,
variation of mass flux with heighgntrainment/detrainment assumptios). The determination of the
overall magnitude of the heating (i.e., surface precipitation in deep convection) regiieedetermination

of the masdlux at cloud baseThis is called thel@sure problem

Deep convectivelosure: CAPE

Prominent closurdypes for deep convection assume an equilibrium that establishes over a typical time
scale of one hour between the production of CAPE (or cloud work function) by theslzalpe and its
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consumption by the convection. Thegauction of CAPE by the largeale forcing, and surface processes,
as well as its consumption are schematically illustratefigure2.5.
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Figure2.5: Tephigrams illustrating (a) production GAPE through largecale processes (blue line), and
convective stabilization, and (b) production of CAPE through surface fluxes, and downdraught effects,
i.e. stabilization through cooling and increase of surface fluxes .The black solid lines denote the
environmental temperature profile

Shallow convective closures

As for deep convection some schemes also use some kind of CAPE adjustment for shallowooof@vgcti

Bettsand Miller (1986)Bechtoldet al. (2001)), but with a longer adjustment tirseale oftypically three
hours.

Grant (2001) developed a simple equilibrium closure, where the cloud base convective mass flux is
proportional to the product of tk updraught fractiora and a convective scale velocity, the latter being
proportional to the boundry-layer or cloud base heightsiand the buoyancflux HB

o 13
* * 0 —C
MS=arw; w %}’zm HB §i HB HS 08Ig" HI (2.21)
¢

with the convective fractiom=0.03.

The IFS model applies a bound&yer equilibrium closte for shallow convection, and a CAPE closure for
deep convection, both are in detail explaineddhapter3.

2.6 Summary

1 Convection parametr&ions need to provide a plyjcally realistic forcing/response on the resolved
model scales and need to Ipeactical
1 Anumber of approachet® convection parametration exist

i Basic ingredientdo present convection paramet@ations are amethod to trigger convection, a
cloud mode]and a closure assumption
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1 The masdlux approach has been successfully ampliem both interpretation ¢ data and
convection parametrition.

1 The masdlux approach can also be used for the parametrization of shallow convection.

9 It can also be directlgpplied tocomputethe transport of chemical species

I The parametrized effects foconvection on humidity and clouds strongly depend on the
assumptions about microphysics and mixing in the cloud medelincertain and active research
area

1 For the titure, alternative approachesre already availablbased onan explicit repregntation of
deep convection (Multmodel approach), on avelets(Yanoet al. 2005), general spectral methods
(Fournieret al. 2003)pr Neural NetworkgHsiehand Tang, 1998)

3 The IFS cornvection parameterization

The IFS convection scheme has been originally develbp&iedtke(1989), and in the following has been
continuously further developed and improved Bregoryet al. (2000)Jakoband Siebesma (2003), and
Bechtoldet al. (2004}.

The general functioning of the scheme and the cloud (populations) it is supposeeptesent are
illustrated inFigure3.1

Link to cloud parameterization

Entrainment/Detrainment

Type of convection shallow/deep

.
Cloud base mass flux - Closure

Generation and fallout of precipitation

LI ™
/ / Wl:ere d(/)CS CO;lVCCti/OIl OC/CU.I' ’ g / /

Figure3.1: Schematic of a bulk convection scheme with a shallow and deep entraining/detraining cloudy
ascending plume, andowndraught regio. Further represented features are trigger of convection,
environmental subsidence, microphysics and precipitation, and detrainment of cloud mass in anvils.

The main characteristics of the scheme can be summarized as follows

5 A detailed description of the convection scheme and its numerical implementation can be obtained from
http://www.ecmwf.int/research/ifsdocs/CY38r1/
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bulk masdglux scheme
entraining/detraining plume cloud model
three types of convection: degghallow and midevel- mutually exclusive
trigger of convection based on parcel instability, parcel velocity, and partial irand q
perturbation
saturated downdraughts
simple microphysics scheme
9 convective (cloud base mass flux) closure dependartype of convectin
0 deep: CAPE adjustment
o shallow: PBL equilibrium
o0 mid-level: largescale omega
9 strong link to cloud parameterizatiorconvection provides source for cloud condensate

=A =4 =4 =

= =4

3.1 Basic large-scale convective tendencies

In contrast to the cloud envirament decompositia used in the derivation of the mass flux formulation in
Chapter 2 the basic equations of the IFS scheme use a more complete convective upeiaugitraught
environment decomposition. The basic equations for the lesgale tendenciesuk to convection for dry
static energys, specific humidityg, the horizontal windcloud condensate, and passive chemical tracer
species C, , written in flux form are

éllg 6 l-l‘ Uurl & d —
S=g—teM'(s 9 MU(Y Jg &-g.3 K Mt Br

e 2 7 i 3.1)
%‘E 0= M@ W MAS D g € - g (32)
a% 8:g—;'éM“(\7“ N MO B (33)
G a

Sy 070 (34
%L% E:gﬁpgw(c,“ Q) MG Q) (35)
Q ca

where ¢" denotes the condensation rate in the updrauglef the evaporation rate of precipition in the
downdraught, e, .4 the evaporation rate of rain below clout; the latent heat of meltingMIt the snow
melting rate,Frthe freezing rate of cloud waterg, the total cloud ondensate (liquid+ice), an®" the

mass detrainment rate. The total (liquid + ice) precipitation flux is given as

p
~ u d

Pr= n(G -€ %ubcld)_gpv (3.6)
Prop

where Gdenotes the conversion rate from cloud condensate into precipitation.
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These equationare solved at the end of the convection code, after having evaluated the mass fluxes, the
values in the upand downdraughts and the precipitation production/evaporation.

3.2 Triggering of convection

The first step in the convection algorithm consists in tekestion of convective columns. The procedure as
illustrated inFigure 3.2as follows:

Frst test for shallow convection: add Band q perturbation depending on the magnitude of the surface
fluxes to a near surface air parcel. Do ascent with strong amtrent, check for LCL, solvé' equation (see

next Section), comiue ascent until the CTL is reached, which is defined' &. If W' (LCL)>0 and(CT-
p(LCD<200 hPa , shallosonvection is supposed to occur.

Now test for deep convection with a similar procedure. Starselto the surface, form a 30 hPa mixed
layer, add a temperature and humidity perturbation of 0.2 K 43d.0* kg kg, respectively, lifttito the

LCL, do cloud ascent (i.e. condensate must be present) with small entrainment + \latérifatil w" >0.

The cloud is identified as deep convective if p(JgQCY'L)>200 hPa. If the required cloud thickness is not
attained,test subsequent mixethyers, lift them to the LCL, test for cloud thickness etc., until acgritly

deep cloud is found. However, for economic and physical reasons the procedure is only repeated for
departure layers inside the lowest 300 hPa of theasphere.

If neither shallow nor deep convection is found, a third type of conveatignY A REf éSisdegtivated,
originating from any model level above 500 m, if lasgale ascent prevails and the relative humidity at

that level exceeds 80%.
CTI/

Figure3.2: lllustration of Trigger procedure on a Ské&wliagram, including environmental profiles of
temperature and dewpoint temperature (black), a near surface layer used as departure level for shallow
ascent (jink), and a 30 hPa deep source layer (dark green) used for a first guess deep ascent (dky blue).
no deep ascent is found, the procedure is repeated for departure layers in the lowest 30RdtPalso

that the cloud top level (CTL) might lie above #wgiilibrium temperature level (ETL), as it is determined

by the level where the parcel verticadlocity vanishes, and the parcel might overshoot its ETL.
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3.3 Cloud model equations: updraughts

The updraught equations describe cloud scale mass continuity

-gu:\l/lp £ b (3.7)

dry static energy and specific humidity

-9 “Mups £ DY gM—pq Eg D4§ ¢ 3.8)
total cloud condensatdiQuid + ice) , and precipitaitg specigrain+snow)
OBt =pd e e L Do s, (39)

andcloud scale horizontal momentum

MY s gy B S oMY my py g 42H (3.10)
HP ¢ ix s o p
10 0

Note that the third term of the ms of (3.10) describing the cloud scale pressure gradient

oo’ 0 1 s —% is actualy not included in the model, but modelled through higher

¢ & T K,

entrainment and detrainment coefficients for momentum. With this parameterization the model is only
FotS G2 LINPRdzZOS R246yIANIRASYGIaRATTdAdZAADBSE Y2YSyid:
00 ASNBBSR Ay dzy2NHI YAl SR a Liadied angpért, |€xding @Sad indredséinz o d
vertical windshear (this processes might be important in organized convective systems). Much effort has
been made in analysing and parametrizing theidlitt cloudscale pressure gradient terr@tfangand Cho,
1991; Kershawand Gregory 1997Zhangt YR 2 dz Hnnoo® ¢KS Y2ad aKIyRe¢
probably that of Gregoryet al. (1997), where the cloud scale pressure gradient term is expressed as

1 .8 6_ 0_7Mugﬂ, but tests showed that it ges similar results to the present formulation where
o]

=S & 0
r glJX e

the cloudscale pressure gradient term is mimickibn@ strong entrainment and an additional perturbation
velocity.

Furthermore, the updraught equi@ns for passive (non reactive, non soluble) chemicaddr write

p.l\/luCu U=
-g——— £ p 3.11
g o G ¢ (3.11)

Finally, an equation for th&inetic energy (vertical velocity of thdraughts)is added that se ves to
determine the cloud top and to parameterize precipitation fall out

K E N i S S |
= S ko )2K' - —gr_v; Kk 1L (3.12)
e M te” T 2
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whered =0.5 is the virtual mass coefficient, aad=0.506 is a drag coefficierBimpsorand Wiggert, 1969),
b=1.875, and:=2 is introduced because the flow is highly turbuleBhénget al. 1980).

These equations are solved (model) level by level, stagtrthe LCL.

3.4 Cloud model equations: downdraughts

The downdraught plume is represented as an updraught plume taken upside down. The downdraught
equations are solved starting at the estimated downdraught top, which actually is the level of free sink
(LFS)defined as the level where a mixture of updraugimtd environmental air becomes negatively
buoyant through evaporation of cloud condensate and melting of precipitation. As a rule of thumb, the
level of free sink corresponds to the level of minimu}p which is generally around theem degree

isotherm. Initializing the downdraught mass flux at the LFS proportional to the updraught mass flux at cloud
base

Mo = 0.3M!

(3.13
the following downdraught equations are solved
d
oM _p (319
Hp
dad d ~d
gMS g pe o gMY e B4 ¢ (3.15)
HP P
d d 2 ~ u S
gpM U —pig D gs“ge— 8 ng_vJ Fv Ov g5 aj“. (3.16)
Up X o @ p
10 0
de~d
gPNLpC. =EC -D'CY (3.17)

3.5 Entrainment and detrainment

Entrainment is the single most importantammeter in a mass flugonvecton parametrization. The
SYiUNIAYYSyid yR RSONIAYYSyid NIdGSa IINBE SELINBaasSR
contributions

E'=E; D' D' B. (318
Ef = 9; M u—i.’l. fscale; Dlu = IUNI v
€l =1.75310°m™; & 2 % (3.19

a' =0.75 310*m*
A similar expression is used for the downdraught detrainment/entrainment rates. The mixing contributions
stem from a formulation bySimpson(1983) that expresses the fraghal entrainment rate as being

inversely proportional to the cloud radiug? 0—2 With this in mind, the values fog' defined in (3.19)
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imply an assumed ensemble mean updraught radius at cloud base of rdl@fhiyn for deep convection,
and 50 m for shallow convection implying a pretty strong entrainment. Entrainment is applied to positive
buoyant convective clouds only. (8.19) we havealso includedh vertical scaling functiorf__,_ in order to

scale

mimic the effectof a cloud ensemble. As the scaling function strongly decreases with height, the mixing
detrainment will eventually become larger than teatrainment, and the mass flux starts to decrease with
height. he entrainment rate is furthemodulated by the relative humidity of the environment, so that the
final entrainment formulation writes

" 9 = 3
M a3 RH) galD |
r Clsa (T) -
This turns out to be probably the simplest formulation to allow for high entrainment rates near cloud base
and to accountor the doservation that (mid) tropospheric relative humidity controls the cloud top heights,
and plays an important role in the modulation of tropical waves and the Maddéian Oscillation (Lin et
al. 2008, Kim et al. 2011). Typical entrainment prsfigoducel by (3.21) for an atmosphere under
constant forcing but with different values of frempospherichumidity are shown inFigure 3.3 The
entrainment profiles closely correspond to the LES resultBédnpyshire et al(2011) (their Figure 5) and
also show a clear transition with increasing rrigpospheric humidity from shallow convection, witbps
nea 2 km, to deep convection. The reader is rederto the comprehensive overview on entrainment by
De Rooy et al(2012) where further typical shallow and deep convective entrainment and detrainment
profiles are provided.

S (3.20)

‘== 25
- - -50

75
—a0

Figure 3.3: Entrainment profiles for different
values of fregropospheric relative humidity
(%) from Single Column Model simulations
following Derbyshireet al.(2004).

———————

4] 0.5 1
e (km™)

Organized detrainment is active when negative buoyancy ocltussthen set proportionald the change in
updraught kinetic energy with height

M(2) e K'(9 . o, Dw"
M (z+ m)_(m RH) K'(z +D % T (323

where Dz is the corresponding modedyer thickness
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3.6 Microphysics and precipitation

The updraught condensation rate is computed through a saturation adjustment

¢ ==(g' -qfy)M", (3.23

where q"is the value of the specific humidity before the saturatialjustment, andq_., is the specific

humidity at saturation after the adjustment. The conversion from cloud condensate to precipitation is
treated followingSundqvis(1978)

oM
G'=— 2 & -exf @ /g f} (3.24)

Where the auteconversion coefficientc, =1.5 310°%s?, q ., =5 310" kg kg', and w'is limited to a

maximumvalue of 10 m$ One recognizes fronf3.24) that the higher the updraught velocity, less there is
precipitation fall out.

The fallout of rain/snow is parameterides

Sfallout [i) u Wj q.l vV 21 1d q) (325)

with Vthe terminal velocity of rain.

Concerning the evapation of rain, it occurs i) in the downdraught, where it is supposed to keep the
downdraught saturated, and ii) below cloud base following

CD&V p/ psurf E
S

where a, =5.44 310%s, g 5.09 B0 , a 057 RHq«=0.9 (0.7) over water (land) is the critical

relative humidity below which evaporatios supposed to occur, and the area covered by coneedt set
to s =0.05

Csubcid =5 ‘}7( crit , (3.26)

1-0:0: OF

3.7 Closure

3.7.1  Deep convection

Following the derivatiorBechtold et al(2014) that included earlier work bponner and Philip$2003),
Nordeng (1994) andGregory etal. (2000), an equilibrium is assumed between the lasgale and
boundarylayer forcing (generating convective available potential energy) and convection (reducing the
CAPE). As a measure of CAPE {)) kg use the densityweighted buoyancy integral ofnaentraining
ascending air parcel, denoted as PCAPE}(J m

top

PCAPE= -f—— dp (3.27)

base \
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The advantage of PCAPE over an entraining CAPE is the dealiitg that more readily relates the time
derivative of PCAPE to the cattive mass flux. aking the time derivative 0f3.27) one can derive a
prognosticequation for PCAPE and identtfye different production/sink terms: the production by large
scale advection (LS), the production by boundawper processes (surface heat fluxes, Bbjl a sink of
PCAPE due to convective transport and mixing and esatipercooling

WPCAPE, "% 1T, dp PPIMT,, o T T e

- dp T —"
l,[t PsteT r‘l Pbase?; tl.l TV base t u
T svan BLYCu (3.28)
_HWPCAPE  |PCAPE RCAPE
I-'lt |LS U | BL t U |Cu= shal+deep

Knowing all thedifferent terms we can integrat@.28) . Here we an for a diagnostic equilibrium solution

where JPCAPE/ [l is small compared to the rhs terinthis is also often referred s convective quasi
equilibrium (Arakawaand Schubert, 1974)he trick is to express the convective tendency so fthis
condition is fulfilled. We can either express the convective tendency by a relaxatioragsuming that
convection reduces PCAPE/er atimes cal e U towar d a pf @ byeassemingdhaty al u
convection counteracts thirgescale forcing by stabilization through environmental compensating
subsidencé this latter expression then brings in the convective mass flux whibk required quantity in a

mass flux convection scheme

WPCAPH _ PCAPE- PCAPE | ; H
Ut cu,l t ’ V_VU
Ptop = ztop = 0
UPCAPE _ |PCAPE x1 uTV»L dp = . ﬁg §_ _g,gz (329
HI LS U |cu2 pbaseTv t cu zbase'v (5: cp -

Equatingthe two expressions i3.29) gives
_ PCAPE- PCAPR _'% a ur

g 9 86 M, ”""1% . ar g
M=r7 =+ — M = &z (3.30)
t n T, %E G ({_? M G

u,b zbase'v

with

M=Mm' m¢ Mo =5 M (3.31)
b
The ratio between the actual (final) cloud base mass flux andnitginitial) cloud base mass flux

MY /MY is the convective scaling or closure factor. The initial mass flux pktfile known from the

updraught and downdraght computation starting at cloud base with valng =0.1 p/(g = ¢A UK n
GKS Y2RSt GAYS &GS ¢KAa NBadzZ Ga Ay Iy SELINB&aAAZ
PCAPE- PCAPE 1

[ top

= 9\
iy

MY =M’ , M 20, (3.32

Qo
|

<

+

£ \cQ
.|.%_01

¢He
2S adAatft ySSR (2 alLISOATFe (GKS O02y@dSOiGA@S | Redza Y
depending only on the horizontal met resolution. However, optimal results in terms of convective
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adjustment (minfall) and convectiofargescale interaction are obtained using a convective turnover
timescaler = g t= _H/WZ & KSBNIB convective turnover time scaldthe cloud depth, W' is the

verticallyaveraged updraught velocity, and, . is a factor depending on the horizohtaodel resolution

As the largescale forcing = horizontal divergence varies lineadlya functionof horizontal resolution so
does a, from a value of 1 at dx=10 km to a maximum value of 2.6 at dx=125 km

The PCAPEDI term requires further elaboration. In model cycles prior to November 2013 this term has not
been considered, iplying that deep convection removes all PCAPE (Gregaly 2000). This assumption
obviously fails in norquilibrium situations with rapidly varying boundagyer forcing such as the diurnal
cycle of convection and the convection tied to advective laarglayers. As shown in Shutts and Gray
(1999) deep conwion scales with the surface buoyancy flux and therefore for convection rooting in the
boundarylayer (lowest 50 hPa) Bechtold et al. (2014) have expressed the departure from equilibrium by
PCAPEMHdut using the integrated tendencies instead of the suefélax

baseg , +
auT, o0
PCAPE, = {b,_l_* i’ §dp (3.33)
surf G Mt BF
The tendecy uT,/ ﬂbl includes allboundarylayer processes other than convection, i.e. turbulent

diffusion, radiation and advection; therefore the corresponding tendencies must be available before the
call of the convection scheme. ThariperaturescaleT, = c'plgH is set tol and different boundaryayer

time-scales are used for land and water. For land the convective turnoveridid f Sis used and for
water the advective timescale#,, =H, /U, involving the boundarylayer depthH, and the average wind

speed in the boundaHayer.

3.7.2 Shallow convection

The closure for shallow convection aims for an equilibrium of the subcloud Jayeich approximatively
corresponds to the lanetary boundarytayer (PBL)

base
Edp 0, (3.39

surf
where h is the moist static energy. The physical meaning of eéhjisation is simply, what comes in at the
surface must come out at the top, i.e. at cloud base. Including all other physical processes, in practice this
means taking into account all tendencies ofetimodel produced by other parameterization@.34)
becomes

e p(wih)i g 6 B 6 Tud 25
ﬁgg < +oe n ) +—@ hars g %bqo (3.35
surfé Hp tath dyn ™ 1

c

Expressing the convective flux at cloud base by its mass flux formulation

r(wih)ciu =M,:‘,‘(hu -F])base; (Wh)ciu i G (3.36)

base surf
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a 0
with the surface fluxes are hidden } § » we obtain the final resulor the cloud base mass flux
C tarb
baseeaph 0 Et d mud 9299
N&e, o ? tj*juae dp
ME — surfg; timh dyn ~ G EI , Mtl; 20 (337)

(- h),...

3.7.3 Mid -level convection

Ascents ofmid-level clouds root above the PBL. M@&bel convection exists in the model when there is
large-scale ascent, and the relative huritidis > 80%. The closure for maVvel convection is simply set to

MY = 7, (3.39)
3.8 Numerics

The last and not least importamsue we wish to treat is theumerics of the paramterization, including
the vertical discretization and the numerical solution of the final tendency equat{8ri3-(3.5) that
actually constitute onalimensional advection equations.

3.8.1 Vertical discretization and conservation

The vertical discretizen of the scheme is displayed fiigure3.3. All fluxes are defined at hatfiodel levels
and basic state model variables are defined at full model levels using the basic midpoint integral theorem

k+1/2
1

C=— ﬁ dp, P PBap Bz (3.39

k-1/2
Using this discretization, the convective tendencies must satisfy the followimgeovationconstraints

~ G0 6 apg, O dp _
né(a;iﬁ 9+Q$tl-l 9$ - Prsurf
N “ (3.40)
*Tauyv 0d
n£u— ('j—:O
top(;ut cﬁg
*28uC  Odp _
o—_
top(} cﬁg
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Figure3.4. Vertical discretization of the model, with all fluxes defined at half model levels, and basic
model state variables defined at full model levels k.
3.8.2  Explicit solution

The convective tendency equation for a passive tracer, or momeiggonsidered to exlain the
numerical solution 0{3.1)-(3.5)

uc
ut

Using the discretization as Figure3.3 one obtains the explitsolution for the tendency

:g—p“gM”(c“ -7 (3.41)

k+1/2

uEk — —¢1+1 __k%‘ _0 v u =
= (c" -o1g,, (342

Vis D
However, when this explicit centredifference solution is put back to the host model, it is known to
LINE RdzOS dzyaidl ot S &2t dzi A 2y atlEgrowihghamplitude £ In Rt dbfaiba Ay
stable solution the mass flux must satisfy the CotnfariedrichLevy (CFL) critien

0 — pN wo o 0 h (3.43
Dtis the model ime step. Another numerical requirement to obtain stable solutions is to use an
GdzLJA GNBLFYE F2N¥dzZ FdA2y 60aoKIFEG FNNAGSAE G | Y2RSt
SY@ANRYYSy Gl t &adzoai RSy Obdefinig shiftédinadHevel vatuespeSE, |, Reh S IS R
to obtain

é“’E 6 —_ g A u u u u - u —n

ae—k 0 __8Mk+l/20k 4/2 'Mk 12k 142 Mk vz & Ml-k vak-f (3449

Q lJI conv p
3.8.3 Implicit solution

Implicit formulations are known to be numerically stable. The fully implicit solution of the advection
equation is obtained by simply replacing the time indedf the rhs 0f(3.44) by n+1to obtain

El?ﬂ' _é — g AN/ U u u u —nxl u  —n+
Dt __IpsMkﬂ/zCk 4/2 'Mk 2k 142 M k 1/2 ké M"'k 1/2 k-1& (345

with the quantities in theconvectd S RNJ dZAKG & KI @S 06SSy (GNB4A5D8R a aO
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n+ - = th A u u u u
(1+Mk+1/2)c ' k 1/2 é =C TSH@M k W2 k B2 Mg 12 k ¥2 f (3.46)
which constitutes a simple linear-tliagonal equation system with the unknownzf:ﬁ1 and c”+1 that can
beeasilysb 3SR Ay | aAy3dfS aR26ys6FNR agSSLE D | | GAy3d SO
obtained as

auc, 8 _ - (
o - S 3.47)
S 2, b

3.8.4  The semi-lagrangien solution

In order to use the serdiagrangia framework we hag to use the advective fornf2.20) instead of theflux
form of the tendency equations

— = +M'g D"(c" - § (3.48
Adv veloc p§

where for simplicity the dwndraught contribution has been omitted. The convective tendency is obtained
as

Qo

aye
r

dep

=—— [[EDU(C CTE & %o (3.49
where ¢ is the value at the arrival point (current model le\@) and the value at the departure point

(subscriptdep) is the environmental Vae a distanceM“gbt 6 6  O1 ¢ FTNRY (i & &velOldzZNNE y (

general the departure point lies between two model levels so that an interpolation is involved. In practice
one solveg3.49) iteratively, evaluating the adveon velocity first at the arrival point, and in the following
iterations at the new departure points. Tlaelvantage of the seragrangia method is that it is stable, the

mass fluxes or time step are not subjected to the Gtability criterion. There ifjowever also a stability
ONRGSNR2Y 0aiGKS Al S RUAYKhEY as tha [fif§chity RitriorCsayin@tBaNH S 0 T2 N

Ql
|-O:Ot

COI"IV

DI\/lu

g Dt @ (3.50)

which is less stringent than the CFL as it implies only the divergenice ofdss flux, and not the madax
itself. The drawback of the sedaigrangia solution is that it is not formally conserving (evaluating the
vertical integral 013.49) will depend ondiscretiation and accuracy of interpolation); this is why in the IFS
the preferred solution is the implicit formulation in flux form describe@irbsectior8.8.3

3.9 Tracer transport experiments

Examining tracer transport in constive situations allowsavisualise, understand and evaluate convective
transport. We conclude this Chapter with numerical tracer transport experispezomparing the tracer
transport as simulated with the IFS convection scheme in soajlenn and fullythree-dimensional global
mode, against corresponding CRM simulations.
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3.9.1  Numerical stability

In the first experiment, singleolumn model (SCM) simulatis forced with observed larggcale tendencies
for temperature and humidity are performed for a period adntinental convection observed during the
ARM 1997 experiment over the Great Planggdt al. 2002). The convective and total surface precipitation
simulated by the model, as well as the observed precipitation are plotte#idgare 3.5. Three main
precipitation events can be detected with the lame producing intensities of 80 mmthGenerally, the
precipitation events are reasonably reproduced by the IFS SCM.

ARM 27-320 June 1007 convective precip (a)

-

2

Precp conv (mm'day)
&

8
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Q)
(1] 100
tima h}
ARM 27-30 June 1007 total precip (b}
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Foof
E
3 40
&
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time (h)
Figure3.5: Evolution of convective (a) and total rainfall rates (mm/day) (b) as simulated by the IFS SCM
and observed during the ARM 1997 experiment. The SCM is forced with observed surface fluxes, and
largescale tendencies for temperature and humidity.
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Figure3.6: Stability tests for a midropospheric tracer using explicit and implicit time integrations at
different CFL number@.43). The different CFL numbers are generated by scaling the mass fluxes prior
to their use in the tracer routine.

In Figure 3.6 the evolution of a mieropospheric tracer with initial concentration oris examined using
two different time integration schemes, an explicit scheme and an implicit scheme, at different CFL
numbers. In order to keep the time evolution of the mass flukessame in each experiment, the different
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CFL numbers are not obtaineg bhanging the time step of the model, but by scaling the convective mass
fluxes prig to their use in theroutine that computes the convective tracer transpoi/e observe that for
CFL=0.8 the explicit and implicit solutions barely differ. HoweveCHs2 instabilities occur in the explicit
solution after t=85 hours (in fact heavily positive and negative values appear that for problems with colo
shading do not readily become aent in Figure3.6b), whereas he implicit solution is perfectly stable
even for CFL=10F(gure3.6c). The results for CFL=10 from the explicit are omitted as they are off scale.
More information can be drawn fronfrigure 3.6¢c-d, namely that for increasing mass flux, a mass flux
scheme behaves like a diffusion scheme, where all concentrations become perfectly mixed.

3.9.2  Comparison SCM, CRM and global simulations

The IFS SCM simulations forced viétye-scaletendencies for temperature and humidity observed during
TOGACOARE, are evaluated against CRM simulations (couresZlaboureau using the Meah model)
that are forced in an identical manner. Tracers are initializedéktoundarylayer and midtroposphere.
Furthermore, global simulations are performed for the same period starting from the4BRyear
reanalysis, and using horizontally uniform tracer fields in ordemimic the absence of horizontal
advection in the SCM and CRM.

Figure3.7 showsthe evolution of the convective and total rainfall rate as produced by the IFS SCM and the
CRM. Reassuringly, the IFS convection scheme pesdainfall rates (and therefore also mass fluxes) that
are close to the QR results, so that the following comparison of convective tracer transport by the two
models is supposed to be meaningful.

TOGA 20-26 Dec 1892 convective precip
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Figure3.7: Evolution of convective (tgmand total (lottom) rainfall rate as prduced by the IFS SCM and
the CRM.

The evolution of a boundasayer tracer and a mittopospheric tracer as produced by the IFS convection
parameterization and the CRM is showrFigure3.8. In both models, the bhandarylayer tracer is rapidly
transported to the tropopause in the convective draughts that have their roots inside the boutayeay

In contrast, the midropospheic tracer is moved upward, but also slowly downward due to the so called
cumulus induceeénvironmental subsidence. After a period of 3 days both the leaerd midtropospheric
tracer becomes quasi wathixed, even if the CRM shows somewhat less mixingf8eSCMrlhe tracer
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